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ABSTRACT

This dissertation investigates the effect of various modes of advective transport on early
diagenesis in a diverse array of marine environments using reaction-transport models.

In cold seep environments, variation in pressure over a tidal cycle can compress gas in the
sediment, leading to peak and throughs in the emission of gas and efflux of porewater. The
induced oscillatory flow can be significant compared to the mean flow velocities, depending
on environmental parameters. Over longer timescales, we constrain porewater flow using
>26Ra as a novel tracer, with inferred velocities ranging between 0 and 0.25 m y~!. Further
analyses showed that the flow estimates are sensitive to both the sediment tortuosity and
the natural variability in sediment permeability.

In coastal sediments, porewater movement is often driven by the activity of burrowing
organisms, and we assess the effect of bioirrigation on sediment nitrogen cycling and isotopic
signatures. The results indicate that the N isotope effect is strongly dependent on the redox
conditions in the sediment. The main factors controlling redox conditions are bioirrigation
and the deposition of organic matter. By using correlations between these two parameters,
the global average N isotope effect of benthic fixed N removal is estimated to be ~ —3%.

In deltaic environments, movement relative to the sediment surface can be driven by
the deposition of new material. The impact of changing sedimentation on early diagenetic
processes over the last 27,400 years was studied in the Zambezi delta. “C-dating of the sed-
iment core shows that sea-level rise since the last glacial maximum have generally decreased
sedimentation rates at the study site. A model reproduces measured porewater profiles and
solid-phase data. Changes in organic matter deposition and burial velocities controlled the
depth of the sulfate-methane transition zone, and the simulations show how this is recorded
by pyrite formation. The study emphasizes the importance of legacy effects, as methane
that is oxidized today has been formed 1000s of years ago.

INDEX WORDS: [Early Diagenesis, Reaction-Transport Modeling, Advection, Marine
Sediments]
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CHAPTER 1

INTRODUCTION

Early diagenesis refers to the chemical, physical, and biological processes that occur in
newly deposited sediment (Berner 1980). It plays an important role in controlling fluxes
across the largest interface in the world — the seafloor. Sediments act as sinks for various
chemicals in the ocean, such as oxidants, organic matter, and other particulate material;
but can also serve as a source, for instance, of nutrients released during organic matter
remineralization (Sarmiento and Gruber [2006), alkalinity produced in anaerobic metabolism
(e.g. Oueslati et al. 2019), venting of gas and oil from cold seeps (Suess, 2010), or metals
emitted at hydrothermal vents (Conway and John [2014)). Research on the mechanisms and
factors that control the direction and magnitude of these fluxes not only helps to gain a better
fundamental understanding of the ocean biogeochemical cycles (Sarmiento and Gruber |2006]),
but is also needed for assessing the severity of pollution issues and time-scales for natural
mitigation (e.g. Cerco and Cole 1993; Vanderborght et al. 2007; Palastanga et al. 2011}
Carstensen et al. [2014).

Sediment cores are routinely collected during research cruises to gather data on early
diagenesis. Prior to the determination of chemical and physical properties, they are typically
sliced parallel to the seafloor in layers to obtain one-dimensional depth-profiles. From these
profiles, estimates can be made of chemical diffusive fluxes and reaction rates, and the
burial velocity can be determined from radiotracers. Reaction-transport models can help
in quantifying reaction rates and the coupling between biogeochemical reaction pathways.
The latter can make pen-and-paper estimates nearly impossible through strongly nonlinear
behavior, which can be induced by re-oxidation of reduced metabolites formed during organic
matter remineralization (e.g. nitrification, sulfide and dissolved iron oxidation) and mineral
precipitation/dissolution reactions, or due to cryptic chemical cycles in which reactants or
products are quickly recycled (e.g. Holmkvist et al. [2011; Treude et al. 2014; Xiao et al.
2018; Zindorf et al. 2019)).

To match model output with measured profiles, model parameters are fitted. As many
rate parameters are poorly constrained (Wang and Van Cappellen |1996; Regnier et al. 2011}



Arndt et al. 2013), parameter sensitivity analysis (sweeping parameter values in consecutive
model runs) forms a powerful, although not necessarily conclusive, validation procedure
to assess the robustness of model outcomes (Saltelli [1999; Omlin et al. |2001)). Sensitivity
analysis also greatly increase the scientific value of models by serving as a tool to assess which
environmental parameters have the strongest effect on early diagenetic processes, to make
inferences about the conditions at locations subject to different environmental conditions,
and to interweave often contrasting observations in an overarching theoretical framework.
The iterative cycles of experiments, model adaptations, drawing conclusions and making new
predictions drive scientific progress.

In most marine sediments, biogeochemistry is driven primarily by the remineralization
of detritus (dead particulate organic matter), which were produced in the euphotic zone.
The quality of organic matter deposited upon the sediments depends on the type of biolog-
ical source (e.g. plankton species, fecal material) as well as on the extent of decay while
it sinks from the upper ocean to the bottom (Martin et al. [1987; Middelburg et al. |1997}
Hartnett and Devol |2003). As a result, remineralization rates are orders of magnitude higher
in coastal marine sediments than in the deep-sea. The most widely used models for organic
matter remineralization in marine sediments (Arndt et al. 2013) assume that microbes use up
oxidants in sequence of the free Gibbs energy yield (Jorgensen 2000), leading to redox strat-
ification in which zones of oxygen, nitrate, metal oxide, and sulfate respiration are layered
on top of each other, followed by a zone of fermentative decay (including methanogenesis).
This redox stratification is commonly observed in deep-sea sediments (Froelich et al. 1979)),
where benthic animals tend to be smaller and less abundant due to lower availability of food
(Kiinitzer et al. [1992)), leading to less reworking of sediments by infaunal activities (also
referred to as bioturbation; Boudreau [1994; Meysman et al. [2006a). Mineralization rates in
these settings depend primarily on organic matter loading and reactivity, sedimentation rate,
and bioturbation, which can still be a significant transport process, as sedimentation rates
also negatively correlate with water-depth (Middelburg et al. [1997). In coastal sediments,
burrowing animals (e.g. polychaetes, mollusca, shrimps) need to funnel oxic seawater deeper
into the sediment to be able to breath and flush out toxic metabolites (bioirrigation), whereby
they disrupt the vertical redox zonation and create lateral concentration gradients. These
settings are subjected to higher sedimentation rates, organic matter loading and reactivity,
and more intense bioturbation.

The distribution of solutes and solids in marine sediments is typically described by
(Boudreau [1997):
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In these equations the left-hand side represents mass balances, —D,,,; 0C/0z is the diffusive
flux which is driven by the concentration gradient. Bioturbation is represented as a diffusive
process, describing sediment mixing by burrowing animals as a random process similar to the
random motion of molecules leading to chemical diffusion. The bioturbation coefficient D,
decreases with depth, reflecting that most burrowing activity occurs typically in the upper
10 cm (Boudreau [1994). As written (D, outside the derivative of the concentration gradient)
it accounts for intraphase mixing, meaning that bioturbation preserves the porosity gradient
and does not cause interphase mixing between the solid matrix and porewater (Mulsow et al.
1998, Meysman et al. 2005a). Bioturbation coefficients are typically an order of magnitude
lower than aqueous diffusion coefficients, and therefore often omitted for solutes. Burial
velocity - reflecting both the effect of the accumulation of new material at the sediment-
water interface, the formation and dissolution of solid phases, and compaction is described
by ¢u and is (similar to bioturbation) more important for solids than solutes that react near
the sediment-water interface. The porosity is written within the temporal derivative on the
left-hand side to account for non-steady-state compaction and solid-phase reactions, and also
within the spatial derivative to account for the flux divergence (Jourabchi et al.2010), which
can have a significant effect on the distribution of solids in high porosity ocean sediments.
Bioirrigation is represented by a non-local exchange term, with a bioirrigation coefficient B
(eq. that also decreases with depth (Meile et al. 2001). The term R accounts for all the
reactions. A fairly comprehensive reaction network commonly adopted in modeling studies
can be found in Wang and Van Cappellen (1996)). Descriptions of the underlying abiotic and
microbial reaction pathways can be found in Canfield et al. (2005).

The one-dimensional description of early diagenesis (eqns. [3.7] has been used exten-
sively since the 90s (e.g. Wang and Van Cappellen [1996; Van Cappellen and Wang |1996}
Boudreau (1997) to describe bulk processes representative of large areas of the seafloor, such
as integrated ocean benthic fluxes (e.g., Soetaert et al. 1996; Middelburg et al. 1996; Thullner
et al. |2009), under the assumption of predominant vertical transport and redox stratifica-
tion. The model remains popular, partly because codes to solve the equations numerically
have become well established and are relatively easy to adapt and run (e.g. Soetaert and
Meysman 2012; Steefel et al. 2015). However, due to the relative simplicity of the approach,
such models are unable to account for a spatial heterogeneity or a more refined view of mi-
crobial activity that deviates from average bulk energetic conditions. This can emerge due
to the use of different organic electron donors, kinetic effects (e.g. microbes oxidize methane
faster with sulfate than metal oxides, despite the former reaction pathway being thermo-
dynamically less favorable; Beal et al. [2009; Rooze et al. |2016) or due to a more detailed
account of thermodynamics of minerals and intracellular microbial processes (Postma and
Jakobsen [1996; Jakobsen and Postma [1999; Jin and Bethke 2005)).

Models for multidimensional flow have been developed to simulate more accurately the
effects of bioirrigation (Meile et al. 2003; Meysman et al. 2005b) and wave-induced advection



(Shum [1992; Cook et al. 2006; Cardenas et al. 2008). Following Darcy’s law, flow driven by
pressure gradients is more readily induced in permeable sands (Hiittel et al. 2003)), which
cover approximately 70% of the continental shelves (Emery [1968)). The advective velocities
associated with these processes can exceed sediment burial by multiple orders of magnitude
(Table , which is reflected in the estimation that permeable sediments filter a water
volume of the ocean at a time-scale of 3,000 years (Santos et al. [2012)). The burrowing ac-
tivities of sediment infauna can induce strong lateral heterogeneity in chemical distributions
resulting from injection of oxic water into otherwise anoxic layers and lateral redox gradi-
ents driving diffusion of oxidants from burrows to adjacent anoxic porewater (Aller 2001).
Similarly, wave-induced advection affected by heterogeneous anisotropy of sediment perme-
ability can lead to complex flow patterns (Rocha |[2008). Concentration fields measured with
microprobes (Stockdale et al. [2009) and under in-situ flow conditions (Polerecky et al. 2005}
Rocha [2008)) can be used to validate multidimensional models. Continuous temporal data
of bioirrigation can be obtained with optodes from aquaria with live animals (Volkenborn
et al. 2012), while benthic chambers with stirrers and benthic chambers in landers have been
employed to study the effects of wave-induced advection (Booij et al.|1991; Glud et al. 1996}
Janssen et al. 2005). Sediment-bottom water exchange fluxes of solutes can be measured in
the field with the eddy covariance technique (Berg et al. 2017)).

Multidimensional models have also been developed to simulate advective flow driven by
other mechanisms. Hydrothermal vent and cold seep environments can exhibit complex flow
patterns with high velocities (Table . At hydrothermal vents hot water escapes from the
deep subsurface through fissures, leading to geothermal circulation. Coupled heat transport,
fluid flow, and chemistry have been modeled (Lowell and Germanovich [2004; LaRowe et al.
2014; Larson et al. 2015]). Cold seeps refer to locations with natural upwelling of water that
is not very hot (Suess 2010)). At these sites free gas may be present leading to multiphase
flow (see Chapter 2). Gas hydrate formation can constitute a negative feedback to flow
(see second chapter and references therein). When the pore fluid pressure gradient exceeds
lithostatic pressure mud volcanoes can emerge (Cathles et al.[2010). New discoveries continue
to stimulate the development of novel reaction-transport models. Examples include the
occurrence of spatially separated redox half-reaction conducted through bacterial filaments
and minerals (Kato et al. 2012; Pfeffer et al. 2012; Meysman et al. 2015]), bubble irrigation
(O’Hara et al. |1995; Haeckel et al. [2007)), or the integration of omics data into reaction-
transport models, which can be expected to drive innovation in the future (Meile et al.
2001).

1.1 Dissertation outline

The overarching theme of this dissertation is the study of early diagenetic processes in the
presence of various forms of advective transport: multiphase flow (chapter 2), porewater flow



Table 1.1: Advective flow mechanisms and velocities in marine
sediments

Process Typical velocity (m/y)
Sedimentation /burial®

Coastal (~ 100 m water-depth) 4.0-1073

Margin (~ 1000 m) 1.6-1073

Deep-Sea (~ 4000 m) 8.0-107°
Bioirrigation porewater flow®

Coastal 1.4-10

Margin 5.6

Deep-Sea 0
Wave-induced advectionW

Coastal sandy sediments 3-10
Cold seep environments

Porewater flow tracer estimates® 0.1

Porewater flux meters® 1.0

Gas flow® 2.5-10°

Oil flow® 2.5-10
Hydrothermal vents 3-107

Sources: B = Based on method described for equation |4.13|in chap-

ter [d, G = see chapter 2, H = Germanovich et al. 2015, O = based
on 100 times lower volumetric flux of oil compared to gas (Leifer
and Wilson [2004), P = see the introduction of chapter 3, S = Mid-
delburg et al. (1997), W = Janssen et al. (2005)).



(chapter 3), bioirrigation (chapter 4), and transient burial velocities over millennial time-
scales (chapter 5). The importance of advection relative to diffusion can be expressed with
the Péclet number (Pe = ¢L/D, where g is the advective velocity, L is the characteristic
length-scale, and D is the diffusivity). Surficial marine sediment with burial as the dominant
advective transport mechanism are characterized by low Pe numbers for solutes that react
with organic matter in the upper sediment highlighting the importance of diffusion. Imper-
meable sediment without burrowing macrofauna and deep-sea sediments represent low Pe
environments. In such settings where diffusion is the dominant solute transport process, dif-
fusion can average out lateral concentration gradients and let vertical gradients persist, sup-
porting a 1D representation of early diagenesis In contrast, bioirrigation and wave-induced
advection are associated with higher advective velocities than burial (Table[L.1} Hiittel et al.
2003)), corresponding to higher Pe numbers; cold seep areas and hydrothermal vents with
dominant upward flow from the deeper subsurface are also high Pe environments. In high
Pe environments advection will average out concentration gradients along the flow path, but
generate larger lateral heterogeneity (Jung and Meile |2019)), possibly necessitating a two- or
three-dimensional model setup.

Chapter 2: Modeling Tidal Flow Patterns at Cold Vents

This chapter analyzes gas and water transport in flow conduits, as for example in seeps of the
Gulf of Mexico. It gives a background description of the physics of multiphase flow and the
implementation in numerical models. Then a model is developed to analyze flow patterns
in cold seeps subject to tidal pressure oscillations at the water-sediment interface. The key
questions it seeks to address are 1) why tidal signals in gas release are observed at some but
not all seeps, and 2) how do tides affect porewater flow.

Chapter 3: Porewater flow patterns in surficial cold seep sediments
inferred from conservative tracer profiles and early diagenetic mod-
eling

In this chapter the focus is on porewater flow at cold seeps, delivering reduced substances
from the deeper subsurface, thereby forming the basis for diverse seep communities. In brine
seeps, porewater flow has often been constrained by fitting vertical porewater chloride profiles
with a one-dimensional, steady-state model (Lapham et al. 2008a; Vanneste et al. 2011). In
this study, for the first time, we applied this approach to ?*Ra profiles retrieved from non-
brine seeps. In addition, we examined the effect of spatiotemporal variable flow at seeps
on tracer distributions. To determine magnitude and variability of seepage and to identify
the factors controlling it, reaction-transport simulations of cold seep surface sediments were



carried out. We analyzed particularly the effect of solid formation on the spatiotemporal
evolution of flow in sediments with randomness in the permeability field.

Chapter 4: The effect of redox conditions and bioirrigation on ni-
trogen isotope fractionation in marine sediments

In this chapter, flow around a lugworm burrow in marine sediment is studied. We couple flow
to a reaction network with the goal to simulate the N isotope effect of benthic N, production.
Fixed N in the form of ammonium, organic nitrogen, and nitrate is an important nutrient
for primary producers, and its scarcity limits the ocean’s primary productivity. Microbial
pathways adding (nitrogen fixation) or removing (denitrification and anaerobic ammonium
oxidation) fixed N have distinct N isotope signatures that can be used to constrain the
magnitude of the processes (Brandes and Devol 2002; Montoya 2008; Stiieken et al. [2016; Gu
et al. 2017; Guo et al. 2020)). However, the expression of isotope effects also strongly depends
on the open/closed nature of the environment (Jgrgensen 1979). The water column forms
generally a more open system with fresh supply of nitrate that allows for high expression,
whereas sediments represent more closed conditions, limiting expression of the N isotope
effect through local depletion of light isotopes in the reactant pool (Brandes and Devol 2002}
Deutsch et al. 2004).

Previous modeling studies that integrated measured N isotope data focused on diffusive
transport, without bioirrigation (Brandes and Devol [1997; Lehmann et al. [2004; Lehmann et
al.|2007, Alkhatib et al.2012), despite most of the ocean fixed N removal occurring in coastal
environments (Middelburg et al. |[1996)), where wave-induced advection and bioirrigation play
important roles. Kessler et al. (2014)) have studied the effect of wave-induced advection.
Our leading hypothesis was that bioirrigation could enhance the N isotope effect through
the injection of water that enhances the fluid exchange between sediment and overlying
water.

Chapter 5: The evolution of early diagenetic processes and sedi-
ment biogeochemical signatures following postglacial sea-level rise
at the Mozambique margin

The large amounts of sediment delivered to the ocean by rivers make continental margins
near river mouths critical environments for the deposition, mineralization and burial of or-
ganic matter. We analyzed sediment offshore the Zambezi, the largest river in East Africa
flowing into the Indian Ocean, to assess the effect of early diagenesis on the sedimentary
record and hence preserved oceanographic and climatic signals. A sediment core of ~ 30 m
length drilled offshore the Zambezi at 550 m water depth shows that since the last glacial
maximum, sedimentation rates as well as organic matter and iron oxide loading have been



strongly affected by changes in seawater level. With A'C dating the sedimentation rates
were determined. Geochemical analysis of pyrite indicated that the sulfate-methane transi-
tion zone had moved over time, forming distinct peaks.

In this chapter, which is currently under review (Rooze et al. submitted)), we reconstruct
the diagenetic history of the last ~ 27 ky with a reaction-transport model. We focus on
iron and sulfur cycling in response to displacements of the sulfate-methane transition zone.
The study emphasizes the importance of legacy effects, as the complex interplay between
climate-driven perturbations in sediment loading and in-situ authigenic mineral formation
still affect the biogeochemical processes occurring today.



CHAPTER 2

MODELING TIDAL GAS AND WATER
FLow PATTERNS AT CoOLD VENTS

2.1 Introduction

Since hydrocarbon cold seeps were first discovered in the early 1980s (Paull et al. [1984)
much research effort has been dedicated to quantifying exchange fluxes between the sedi-
ment and the overlying water. To date flux budgets of oil, gas, and water remain poorly
constrained (National Research Council 2003, Johansen et al. 2020). Measuring fluxes over
prolonged periods of time is complicated by the limited life-span of batteries powering instru-
ments mounted on the seafloor, the release of mud from vents and earthquakes dislocating
instruments, and migration, genesis or ending of focal seepage points within a seep field.
Continuous records of gas and water fluxes at the sediment-water interface indicate high
variability (see references in Table . Episodic flow can be triggered by earthquakes
(Lapham et al. 2008b; Fischer et al. 2013) and gas hydrate decomposition (MacDonald et al.
1994), while seasonal oceanographic conditions (Rémer et al. 2016)) and glacial-interglacial
eustatic fluctuations may reposition the gas hydrate stability zone and affect flow on longer
time-scales (Roberts and Carney 1997; Liu and Flemings 2009; Crémiere et al. [2016]).
Significant correlations have been observed between gas fluxes and changes in hydrostatic
pressure forced by swells and tides (Table , and several hypotheses have been proposed
to explain the relationship. Early studies at cold seeps suggested that capillary activation
in itself can explain the patterns, as at low tides the critical entry pressure can be exceeded
allowing for gas migration (Boles et al. 2001} Liu and Flemings 2009; Leifer and Boles,
2005a). However, Scandella (2010) argued that the pore size in low permeability (muds and
siliciclastic) sediments is too small to allow for capillary invasion, so that gas invasion needs
to be preceded by the deformation of sediment (Jain and Juanes 2009; Choi et al. 2011]).
To create or expand a fracture, the fluid pressure needs to exceed the sum of sediment
tensile strength and effective stress (Van Kessel and Van Kesteren 2002; Johnson et al. 2002}



Boudreau et al. 2005; Katsman 2015)). As sediment failure depends on the confining effective
stress, which decreases with decreasing hydrostatic pressure, sediment dilation is triggered
at times of lower hydrostatic pressure when the buildup of gas pressure is sufficiently slow
(Scandella et al. 2011; Algar et al. 2011; Liu et al. 2016; Katsman 2019). This provides
a mechanism that can explain intermittent tidal gas release observed at several pockmarks
and seeps (Sirhan et al. [2019). As the effective stress depends on hydrostatic pressure and
thus water-depth, this mechanism may be more relevant in sediments of lakes and coastal
areas than in deep-sea seeps (Sirhan et al. 2019).

At vents and mud volcanoes (with faster flow compared to seeps) only a small fraction
of the gas dissolves (Wang et al. [1998) or is oxidized in the upper sediment (Boetius and
Wenzhofer 2013)), thus preventing large decline of the buoyant force of rising gas bubbles and
their entrapment in soft sediments. Volumetric gas fluxes can be on the order of 5 L min~!
(e.g. Torres et al. 1998 at 800 m water-depth), and be uninterrupted but variable over
long periods of time (months to years, e.g. Johansen et al.|[2017)). High fluxes of gas indicate
the presence of a flow conduit, i.e. an interconnected fracture network (Van Kessel and
Van Kesteren [2002). Seismic studies have shown that gas migration is primarily facilitated
through major faults and conduits at cold seeps connected to deeper geologic formations
(Clennell et al. 2000; Talukder [2012; Diercks et al. 2019), for instance, gas and oil reservoirs.
To form oil and gas in reservoirs there must be a seal, so that the fluids cannot escape and
pressures can accumulate. Caprocks above marine reservoirs are most often shales (finely
stratified consolidated mud and clay). At the bottom of a gas pocket porewater and gas may
be at hydrostatic pressure or overpressurized due to compaction and applied stress from the
overburden. Higher up in the gas pocket the gas is overpressurized due to higher buoyancy
of gas compared to water. New fractures are most likely to be formed at the most elevated
tip of a gas pocket, as it has the highest overpressure (Cathles et al. 2010)). A fractured
caprock is called a chimney (Sun et al.|[2012), and allows upward migration of hydrocarbons.
When fluids start to flow through the chimney a pipe is formed in the consolidated sediment.
Cathles et al. (2010) presented a simple analytical model for the genesis of a pipe, assuming
that the main resistance is the displacement of water at its top (viscosity of gas is negligible
compared to water) and take the buoyancy of gas as the driving force (o = [p; — pw]gH).
When the fluid pressure gradient exceeds the lithostatic gradient, sediments are mobilized,
and a mud volcano is formed. A pipe may extend to seafloor or it can lead distributed
unfocused flow if unlithified sediments lose their cohesion (Gay et al. 2012).

Table 2.1: Observations of water, gas and oil flow.

Site (water-depth) Method Dynamic Pattern Reference

Water flow

Continued on next page
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Table 2.1 — continued from previous page

Site

Method

Dynamic Pattern

Reference

Hydrate Ridge, Casca-
dia (600 - 800 m)

Bush Hill, Gulf of Mex-

ico (540 m)
Gas flow
GC600 (1200 m),

MC118 (800 m), Gulf
of Mexico
MC118 (880 m)
Doggerbank, North
Sea (< 40 m)

North Sea (abandoned
well; 100 m)

Northern Cascadia,
offshore Vancouver
Island (1250 m)

Sea  of  Marmara,
Turkey (350 - 1250 m)
Coal Oil Point area,
Santa Barbara Chan-
nel, California (15 - 20
m)

South China Sea (< 50
m)
Convergent margin off
Pakistan (2,831 - 2,861
m)

Flux meter, 28h
resolution

Flux meter, 5h res-
olution

Flux meter, 5 min
resolution

Flux meter, 7d res-
olution

Flux meter, >1d
resolution

Camera,

Pore-fluid
sampler

array

reflection,
above

Seismic
sampling
seep
Hydroacoustics

Hydroacoustics

Hydroacoustics

Tents, hourly reso-
lution for 9 months
Tents, 3 sec resolu-

tion, records 2 h

Gas flux measuring

device

Geochemical and
seismic  reflection
data

Possibly tidal
Tidal at some locations
Tidal at some locations

Not tidal, changes in
flow attributed to gas
hydrate dynamics

Not tidal; changes due
to major gas expulsion
event

Tidal correlation only
at MC118, but with
high flow at high tide
Earthquake

Tidally driven

Tidally driven, but
with high flow at high
tide

Tidally driven

Not tidal

Tidally driven

Ocean swells (1 - 4 m
amplitude) drive flow
oscillations

Tidally driven

Earthquake

Tryon et al. (1999)

Tryon and Brown
(2001)
Linke et al. (1999))

Solomon et al.
(2008)

Tryon and Brown
(2004))

Johansen et al
(2017)

Lapham et al
(2008b)
Groot et al. (2019)

Wiggins et al
(2015)

Romer et al. (2016)
Bayrakci et al.

(2014)
Boles et al. (2001)

Leifer
(2005))

and Boles

Di et al. (2014)

Fischer et al. (2013)

Gas and sluggish oil flow

Continued on next page
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Table 2.1 — continued from previous page

Site Method Dynamic Pattern Reference
Coal Oil Point (< 80 Tidally driven (oil) Mikolaj and Am-
m) paya (1973)
Nearshore Sum- Tents Tidally driven (oil and Leifer and Wilson
merland,  California gas) (2007))

(abandoned oil well; 5

m)

GC600 (1200 m), Camera No significant pattern Johansen et al.
MC118 (800 m), Gulf (oil and gas) (2017)

of Mexico

Oscillations in hydrostatic pressure during a tidal cycle are too small to significantly
compress the sediment matrix (Wang et al. [1998), leaving the apertures of fractures in
flow conduits unaffected. Assuming a static sediment matrix, we study the interaction
between gas compression and stress at the seafloor on gas and water flow patterns as a
mechanism to explain tidal signals in gas emissions from seeps connected to thermogenic
reservoirs. Previous work has shown that compression can increase the gas mobility by
allowing bubbles to pass through narrower pore throats (Rosenberry et al. [2006]), but also
decrease the mobility as it lowers the gas buoyancy (Clayton and Hay 1994, Algar et al.
2011). We model the effect of compression of gas on multiphase flow of continuous water
and gas phases for larger volumes over a depth interval of 100 m, focusing on total gas
volume changes.

2.2 Methods

The model describes the movement of gas and water in a flow conduit that connects the
deeper sediment with the ocean floor, with a stress forced by a semidiurnal tidal cycle (Fig.
2.1). In marine sediments, stress exerted on the top of the sediment propagates as a p-
wave with velocities on the order of kilometers per second (Schumann et al. 2014). Small
displacement of the solid sediment matrix also contributes to a diffusive component, leading
to attenuation and phase shift of the signal with increasing depth (Van der Kamp and Gale
1983; Davis et al. [1995; Wang and Davis [1996)). In the model the water phase and sediment
matrix are incompressible, thus we are not accounting for dispersion of the pressure signal
and propagation speed of a pressure wave in water. Early studies on water flow in cold seeps
suggested that upwelling of less dense water, forming a Rayleigh instability, can drive a flow
circulation in permeable sediments (Henry et al. 1992, 1996). However, for this the sediment

permeability has to be very high > 107'! m? and there must be a strong salinity gradient
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(Henry et al.[1992)), which are conditions typically not encountered at seeps. Since the water-
phase density in our model is set to be constant, we do not account for thermohaline effects.

We also ignore the effect of pressure and temperature on the compressibility factor of the
gas phase.

ocean sediment-water interface
< Pw =f (t)
3 bulk
[
(@]
(&)
~ieaprock
gas
reservoir

Figure 2.1: Geological setting and schematic for model (not at scale).

The mass balance for the water and gas phase are

% = =V qu (2.1)
OpgS
07 = =V - (p,q,) (2:2)

where ¢ is the porosity, S, is the phase-saturation (subscript « is used to denote the phase,
‘w’ or ‘g’ stands for water or gas, respectively), p, is the gas density, ¢, is the Darcy velocity.

The saturations are the pore volume fractions filled with each phase, so that S; + S5, =1
and

0S, 0S
o T = O (23)

Flow is described by the generalized Darcy equations, so that the velocities depend on the
pressure gradient and capillary pressure:

Gw = —Auwk(VPw — pugVz)
@G = —Xk(Vpy—pygVz)

13



where A\, = k;o/lta, and k,, is the relative permeability of the a-phase obtained from the
empirical Van Genuchten equation as functions of water saturation:

2(n—1)
_ n —_—

krg(Sg) = S; (1 — (1 _ Sg)ﬁ) n

where € = 1/2, v = 1/3, ignoring irreducible saturations we set S,, = S,, and Sg = Sg and
also set n = 3 (Bastian [1999). The capillary pressure (p.) defined as p, = p,, + p. is also
obtained from Van Genuchten’s equation as function of water saturation

1 /-1 %
DPe = _(Swm_l)
Q

where we set m =1 —1/n, n = 3, and a = 0.33 (Bastian [1999).
The gas density behaves with respect to pressure as an ideal gas

pg = po+ cpg (2.6)

as the compressibility (c) is set to a constant value.

2.2.1 Simulation method 1D for conduit

As a first approximation, we only focus on the conduit, and describe the flow of gas- and
water-phases only in one dimension. The boundary conditions are

pu(z=0,t) = [f(?)
Qw(z:Lvt) = @

where f(t) can be used to force a tidal stress cycle, e.g.

f(t) = pugAsin (277%) (2.7)

where A is the tidal amplitude height, 7 is the tidal period. A water-phase Darcy velocity
q is imposed at the bottom (0.1 m y~! in outcomes shown below).

As initial conditions, the water saturations are set to 0.5 throughout the domain. The
pressure is set to the hydrostatic pressure for the pore fluid density, which is a function of
the saturation and gas and water densities.

Equations to are numerically solved by discretizing a one-dimensional domain of

length L in N cells. The state variables are p,, and S,, and are represented in the discretiza-
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tion scheme as node values. The Darcy velocities (eqns. and are approximated with
the finite volume method and evaluated at cell boundaries. For the upper boundary, the gas
phase mobility evaluates k,,(S,, = 1) if the flow is downward and k,,(S,, = S,,[0]) if the flow
is upward, where S,,[0] is the water-saturation closest to the sediment-water interphase in
the grid. For the water-phase k., (S, = S,[0]) is used at the upper boundary regardless of
flow direction.

Combining eqns. and and using the computed water-phase Darcy velocities, the
temporal change in the phase saturations can be expressed as:

05, _ 100,
o ¢ 0z

Also the gas density (eq. and 0(p,qy)/0% is computed from pressure. Then the temporal
change of the gas pressure can be resolved from

Opy 0pgaq S,
and that of the water-phase pressure from
Opw _ Opy _ P
ot ot ot
Op. _ Opc 95,
ot 98, ot

The derivative dp./095, is solved analytically.

Following this sequence of steps the equations are solved as a system of ordinary differ-
ential equations with lsoda (Hindmarsh |1983]). The model parameterization can be found in
Table 2.2 The code is written in Python and included in appendix [A]

2.3 Results and Discussion

Simulations of the vertical flow of water and gas under constant forcing reveal that the
water-phase Darcy velocities at the bottom and top of domain differ initially. The water-
phase Darcy velocity at the sediment-water interface evolves from 1.4 initially to 0.1 m y—!
after ~ 3 years when the water-phase Darcy velocities at the bottom and top approach are
approximately balanced (Fig. [2.2). However, the system is not strictly in steady-state (dis-
cussed in next subsection). The initial water-phase Darcy velocities correspond to velocities
measured with flux meters near bubble ebullition points (Tryon et al. [1999; Solomon et al.
2008)), whereas the final velocities match flow estimates obtained from inert tracers profiles
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Table 2.2: Overview of chosen model parameters and settings

Parameter description Symbol Value
Porosity ) 0.8
Water density Pu 1000 kg m~3
Reference gas density Po 1 kg m™3
Compressibility c 6.8-107% s? m~2
Absolute permeability K 10713 m?
Domain length L 10 m
Number of cells N 50
Dynamic viscosity of water o 1073 Pa's
Dynamic viscosity of gas fg 107° Pa s
Tidal period T 12 h
Water saturation lower boundary Sy 0.5
Water-phase Darcy velocity Qb 0.1m y!

imposed at lower boundary

at random locations in a seep field (Rooze et al. 2020). While the outflow exceeds the inflow
of water, the depth-integrated mass balance is maintained by changing water-saturation in
the domain. The resulting water-phase saturation and Darcy velocity profiles (Fig. ex-
hibit vacillations from 2 - 4 m depth. When these are smoothed out in the saturation profile
by fitting a parabolic line, the resulting flow velocities are also smoothed (not shown). The
Darcy velocities of the gas phase are four order of magnitude higher than the water-phase,
which is mostly due to the higher buoyancy of the gas phase compared to water. The volu-
metric gas flow obtained by multiplying the gas Darcy velocity by an area corresponding to
a radius of ~ 5 - 10 cm, is on the same order of magnitude as gas fluxes measured by Torres
et al. (1998)). However, the modeled gas flux is critically sensitive to the relative permeability
of the gas phase, which has a strongly non-linear relationship with the gas-phase saturation.
The saturation in the sediment column are forced by the imposed saturation at the inlet at
the bottom of the domain. Capillary pressures are on the order of 10 Pa and insignificant
compared to the buoyant force arising from the density difference between gas and water.
These simulations without tidal forcing provide a reference for the evaluation of fluxes
across the sediment-water interface forced by tidal pumping, as well as appropriate depth-
profiles of the phase saturation (in relation to the relative permeabilities) and pressure that
can be used as initial conditions to study the effect of semi-diurnal tides. In the first day
after tidal pumping is turned on, the shape of the general pressure profile and saturation are
maintained (not shown). Gas and water continue to flow out at the top of the domain (Fig.
,b), but the oscillations in tidal pressure lead to a tidal variation in the magnitude of
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Figure 2.2: State of the system (eqns. - simulated after 3.3 years without tidal
forcing .

these fluxes (Fig. , d). The water-phase Darcy velocity integrated over a half tidal cycle
during low tide, high tide, and 6 hours without tidal forcing are 1.2-107* m, 2.3-107° m (net
upward displacement), and 6.8-107> m, respectively. For the gas phase, the integrated Darcy
velocities corresponding to the same time intervals are 2.1 m, 1.5 m, and 1.8 m, respectively.

When the simulation is continued for another 100 days, there is no noticeable change in
the tidal pattern of fluxes (not shown). Tidal pumping, however, may fundamentally change
the behavior of a system if it is sufficiently large. A change of the tidal amplitude from 1
to 2 m lead to significant flux of ocean bottom-water into the sediment during high tide
(Fig. [2.4h), as opposed to continuous outflow at smaller tidal ranges (Fig. [2.3b). During
low tide gas expands and porewater is pushed out of the sediment. Conversely, during high
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tide bottom-water infiltrates into the sediment as gas compresses, maintaining a constant
water-saturation in the top portion of the sediment. In a situation with lower influx of gas
from the bottom, gas outflow can cease during high tide.

2.3.1 Simulated gas and water flow dynamics in relation to model
setup and environmental conditions

The model results strongly suggest that capillary entry pressure does not impede vertical flow
in a conduit, as the magnitude of the vertical excess pressure gradient exceeds variations in
capillary pressure by orders of magnitude. Since capillary pressure and relative permeability
do not appear to affect particularly the tidal dynamics, the description of the system can be
simplified by assuming constant phase-mobilities and ignoring capillary pressure. Combining

eqns. 2.1 2.2] 2.3 yields

106 _ 1045 _ Gy Ops _ S5 dpy (2.8)

¢ 0z $ 0z ¢Pp, 0z p, di '
Fow p,, = p, = p and constant values of other parameters over depth, equs. to can
be condensed to

op Ak [ Op 2
5% = 2 (5) + (2.9)
(po+cp) Ag = Au) KPp  2X4kg (po + cp) Ip
oc 022 ) 0z
Sy Ak OPp
o 6o (2.10)

As A\, — A, is positive, the term 9%p/dz* behaves opposite to diffusion and thus has the
tendency to form peaks. This may explain the oscillations observed in the saturation profile.
Eq. implies that for steady-state conditions 8?p/0dz? = 0. Inserting this into eq.
and solving it analytically yields a solution in which d?p/dz? # 0, meaning that the system
cannot be at steady-state.

By analyzing the magnitude of terms in equation [2.8] it can be shown that the term with
the density derivative has the largest impact. Therefore, a 0D box-model only accounting
for compression and expansion of hydrocarbons may be able to represent the basic behavior
of the system. This can be used, for instance, to analyze the effect of the presence of oil.
Based on correlations for pressure-temperature behavior of gas-oil mixtures (Boyun et al.
2007)), gas would typically exsolve during periods of low tide and dissolve in oil at high tides.
This behavior strenghens tidal signals, which is in line with observations of gas emissions
from abandoned oil wells (Table . A 0D model cannot reproduce the more complicated
patterns with sluggish flow observed at oil seeps. Periods with emissions of more oily bubbles
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can alternate with periods with emissions of more gassy bubbles (Leifer |2019), and oil has
the tendency to constrict flow paths for gas (Bastian |1999).

The 1D model setup can be justified for gas flow, which follows a path of least resistance
through fractures and conduits (Clennell et al. 2000). The entry pressure for gas to invade
low permeablity sediments is too high to occur without sediment deformation, so unlikely to
occur in the presence of a gas conduit. The mechanism we propose to explain flow oscillations
pertains to settings with an established flow conduit, connecting the sediment-water interface
to the deeper subsurface. We have not explored whether the mechanism applies to settings
in which a pipe from a reservoir approaches but does not extend all the way to the sediment-
water interface (Gay et al. 2012). The 1D model may not accurately resolve water flow in
the presence of gas. Gas may push water more easily aside than up (Tryon et al. 2002,
as water is less buoyant and can flow through low permeability sediments. However, in our
simulations saturation hardly changes during tidal cycles, indicating that gas in a continuous
phase accelerates or decellerates during expansion or compression, respectively, but does not
push away or give way to the water-phase. The representation of gas as a continuous phase
throughout the model domain, contrasts with settings where a stream of bubbles induces
turbulent down-mixing of water, which increases the exchange of water between the bottom-
water and sediment (Haeckel et al. 2007)).

Water-depth can be expected to be a critical factor for the effect of the tidal pressure
variations on flow patterns, as the relative change in volume of an ideal gas is approximately
the tidal amplitude divided by the water-depth. Emissions of gas tend to be correlated to
tides in shallow water environment, such as in the South China sea at < 50 m (Di et al.|[2014]),
Coal Oil Point at 20 - 80 m (various studies, Table [2.1]), the Doggerbank at < 40 m (Groot
et al. 2019). The tidal patterns in these studies are often superimposed on a continuous mean
outflow, which is in line with our model, but not with intermittent flow induced by sediment
dilation and compaction during tidal cycles (e.g. Scandella et al. 2011} see introduction).
Wiggins et al. (2015) also found a tidal signal at ~ 100 m water-depth in the North-Sea,
but with an opposite trend, i.e. with increased gas emissions during high tide, for which
they propose that it relates to capillary activation and complex spatial flow connections. As
an alternative explanation, compression of gas may increase the gas mobility (Rosenberry
et al. |2006; see introduction), but this remains speculative. The pattern is opposite to the
trend expected from our model. In the Sea of Marmara (350 - 1250 m water-depth) there
appeared to be no tidal signal in gas release. This is likely due to the low tidal amplitude of
~ 3 cm (Bayrakei et al. [2014)).

Cold seeps from Hydrate Ridge (~ 800 m water-depth) exhibit generally tidal flow pat-
terns in both gas and water flow (Table [2.1)), which corresponds well to the modeled behavior.
However, in the Gulf of Mexico at depths of 540 m (Bush Hill), 850 m (MC118), and 1200 m
(GC600), emissions can typically not be correlated to tidal pressure oscillations (Table [2.1)).
More pronounced tidal patterns would also be expected at Hydrate Ridge due the larger
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tidal range (on the order of ~ 2.5 m) compared to the seep sites in the Gulf of Mexico (on
the order ~ 0.5 m; NOAA [2020). A tidal pattern was also observed at the seeps of Northern
Cascadia at 1250 m depth, which experiences tidal pressure oscillation of 1282-1286 dbar (1
dbar corresponds to the hydrostatic pressure of ~ 1 m water-depth; Romer et al. 2016)).

An additional possible cause for the lack of tidal signals in the emissions from seeps of
the Gulf of Mexico are the softer sediments. In harder sediments conduits can extend to
the sediment-water interface. The length of a pipe structure is critical, as the total change
in volume of gas in the entire conduit determines the amplitude of fluxes. For this reason
tidal signals may also be stronger in abandonded wells, where actual pipes have been drilled
to deeper reservoirs (Table . In the Gulf of Mexico conduits are connected to deeper
thermogenic hydrocarbon reservoirs. However, the upper sediments are softer, which can
lead to the formation of a V-shaped seepage structure (Gay et al. 2012). The spreading of
gas over a larger area in this structure may reduce oscillations in vertical fluid flow. However,
this remains speculative.

The model can be adapted to environmental conditions: For a larger hydrostatic pressure
at the sediment-water interface at greater water-depth the upper boundary conditon needs
to be adapted, and the reference density needs to be increased. A larger value for py (eq.
leads to smaller variations in the density due to tidal oscillations. The length of the conduit
is set by the model length. As we used a conduit of only 10 m length, tidal variations in
flow can be expected to be larger at locations with longer pipe structures. For quantitative
estimates of deeper conduits, it is important to take into account dissipation and lag of tidal
pressure signals (Davis et al. [1995; Wang and Davis [1996)), which has currently not been
implemented. For longer conduits it will be also be more important to account for non-ideal
behavior of methane gas.

2.4 Conclusion

The model simulates water and gas flow in a conduit, leading to efficient transport of hy-
drocarbons from the subsurface to the seafloor. Simulated gas emissions are similar to those
measured in seep areas at locations with focussed flow (Torres et al.|1998). Changes in hydro-
static pressure acting as a stress on the sediment-water interface can significantly compress
or expand gas volumes in a conduit, leading to water and gas fluxes at the sediment-water
interface that vary with the tides (Figs. 3, 4). The significant oscillations in water flux
around a mean water flux do not lead to significant displacements of water during a tidal
cycle due to the relative short time-period of 6 hours. This is in line with the argument
that tidal oscillations affect flow velocities measured by water flux meters installed on the
seafloor, but are not captured in flow estimates based on inert tracers (Rooze et al. 2020).
The effects of tidal pressure oscillations are expected to be stronger in sediments at shallower
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depth and at sites experiencing larger tidal amplitudes. The higher hydrostatic pressure in
the deep-sea make tidal hydrostatic pressure oscillations less important.

While our analysis shows the potential impact of pressure fluctuations, the quantitative
estimates of gas and water flow oscillations are sensitive to the chosen domain length, and
it is not clear what length is appropriate. Oscillations in vertical water flow may be over-
estimated, as the 1D model does not allow water to flow horizontally in response to gas
compression/expansion. Quantitative estimates of the magnitude of flow oscillations can be
improved by simulating the stress field and dispersion of the tidal stress signal (Davis et al.
1995; Wang and Davis [1996)), implementing an equation of state for methane to represent
the behavior of gas (Wang et al. |1998), and increase the model dimensionality to 2D with
radial symmetry.
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Figure 2.3: Effect of timing on tidal forcing in the first 2 days, beginning from initial con-
ditions shown in Fig. . The tidal stress function (eq. [2.7) is out of phase with the gas
and water fluxes at the sediment-water interface, ‘bot’ stands for bottom, ‘swi’ stands for
sediment-water interface, ¢ stands for the Darcy velocity.
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Figure 2.4: Effect of increasing the tidal amplitude to 2 m water-height.
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CHAPTER 3

POREWATER FLOW PATTERNS IN
SURFICIAL SEEP SEDIMENTS INFERRED
FROM CONSERVATIVE TRACER PROFILES
AND EARLY DIAGENETIC MODELING)

'Rooze, J., L. Peterson, R. N. Peterson, and C. Meile (2020). In: Chemical Geology 536, p. 119468.
Reprinted here with the permission of the publisher.
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Abstract

Porewater flow at cold seeps controls methane oxidation and carbonate precipitation rates,
and also plays an important role in gas hydrate dynamics. We constrain the porewater flow
rates in the upper sediment of Gulf of Mexico cold seeps by fitting measured ***Ra and C1~
profiles. The approach exploits their natural increase with depth through shallow sediments
at non-brine (***Ra) and brine (C17) seeps. Vertical flow velocities at non-brine and brine
seeps are found to be similar in magnitude, typically on the order of 0.1 m y~*. The accuracy
of the flow estimates is assessed and shown to depend substantially on uncertainties in both
concentrations and sediment tortuosity. Model simulations further reveal that the natural
heterogeneity of sediment permeability can cause considerable lateral variability in vertical
flow at the scale of a sediment core, which implies that the coring location and core size
can have a substantial effect on the estimated porewater velocities. The formation of gas
hydrates and calcium carbonates reduce sediment permeability, and decrease the spatial
variability in flow over time, as the formation rates are higher along preferential flow paths.
This analysis of the effect of spatiotemporal variability on chemical profiles improves the
assessment of uncertainties in the estimated magnitude of flow, and is important for the
evaluation of benthic-pelagic coupling at seeps.

3.1 Introduction

Cold seep environments in the deep-sea form the habitat of large and highly biodiverse
benthic communities (Cordes et al. [2009)), which thrive, in the absence of sunlight, on mi-
crobial communities that oxidize ascending hydrocarbons and reduced metabolites. The
hydrocarbons can be of microbial and thermogenic origin and are comprised of methane,
short-chain alkanes, and crude oil (Sassen et al. 2004). Oxidation of these reduced solutes
in the surficial sediments modulates inorganic carbon and energy fluxes to seep communi-
ties near the seafloor and the oceanic ecosystem (Hovland et al. [2012; Niemann et al. 2013}
Levin et al. 2016). Anaerobic oxidation of methane, driven by the transport of dissolved
methane in porewater, further induces the precipitation of calcium carbonate. Most of the
hard substrata in the northern Gulf of Mexico derive from seeps and are used by organisms
for attachment and protection (Roberts and Aharon [1994; Levin et al. [2016)).

The efficiency of hydrocarbon oxidation in sediments depends on the upward transport
of substrates from depth to the upper sediment and their exposure to oxidants from the
overlying water, particularly oxygen and sulfate (Sommer et al. 2006; Orcutt et al. 2017).
Local porewater and gas flow control the mixing of reducing and oxidizing fluids but are
difficult to constrain due to their diffuse nature and variability. The release of gas and
oil bubbles has been shown to oscillate with swells (Leifer and Boles 2005) and the tide
(e.g. Di et al. 2014; Johansen et al. 2017; Romer et al. 2016). Also, processes in the deep
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subsurface (Roberts and Carney [1997)), changes in oceanographic conditions (Rémer et al.
2016)), and earthquakes (Lapham et al. 2008b; Fischer et al. 2013)) induce temporal variability.
Porewater flow fluctuates with the tide as well (Tryon et al. |1999; Tryon and Brown [2001))
and can be affected by gas expulsion events (Tryon and Brown 2004; Solomon et al. 2008)).
The formation of carbonates and gas hydrates impedes and deflects flow (Clennell et al.
2000; Hovland [2002; Solomon et al. 2008), introduces spatial heterogeneity, and contributes
to the succession and patchy distribution of seep fauna (Bergquist et al. 2003} Lessard-Pilon
et al. [2010). When bottom-water temperature increases, gas hydrate near the surface can
rapidly dissociate and allow for underlying gas and water to escape (MacDonald et al.|[1994]).

Continuous and direct records of seepage have been obtained only at few sites (Tryon
et al. [1999; Solomon et al. [2008; Barnes et al. [2015; Martens et al. [2016). Instead, most
studies rely on chemical and/or temperature profiles to constrain the transport of porewater
and dissolved methane. Notably, porewater flow velocities obtained from chloride profiles
have been typically on the order of 0.1 m y~!, whereas flow meters have often measured
flow velocities well above 1 m y~! (see Lapham et al. (2008a) and Vanneste et al. (2011) for
compilations). These considerations raise the question to what extent chemical /temperature
profiles can provide reliable constraints on transport in cold seep environments, and how
spatial and temporal variability may impact the determination of seepage rates.

In this communication, we determine porewater flow velocities for a number of sites in
the northern Gulf of Mexico by fitting a 1D diffusion-advection model to depth profiles of
the stable, conservative tracers **°Ra (for non-brine seeps) and C1~ (for brine seeps). We
investigate with a multidimensional reaction-transport model the effect of spatiotemporally
varying flow on tracer distributions and the implications for fitting tracer profiles, and also
use the model to explore the interplay between early diagenetic processes and flow patterns.

3.2 Methods

3.2.1 Sample collection and measurements

Sediment cores for porewater ***Ra analysis were collected using a shipboard multiple corer
from the R/V Endeavor in summer 2015 (EN559). Cores were collected from known cold
seeps and control sites across the northern continental slope of the Gulf of Mexico, including
(from east to west) in the Mississippi Canyon (BP444 and BP463), Green Canyon (GC185,
GC186, GC574, GC600, GC699, and GC767), and Garden Banks (GB480 and GB847) lease
blocks (see inset of Fig. . Following core recovery, overlying waters were siphoned off
and passed slowly through 25 g aliquots of dry acrylic fibers impregnated with MnO, (‘Mn
fibers’; Moore |1976)). Sediments were then sectioned at 4 cm vertical intervals into centrifuge
tubes and spun at 5000 RPM for 15 minutes. Recovered porewaters were collected from the
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centrifuge tubes via needle and syringe, diluted to 1 L with Ra-free seawater, and similarly
passed through Mn fibers.

Mn fibers were then rinsed with Ra-free freshwater and dried to an optimal humidity
level (0.3 = 1 geerr20/8giber; Sun and Torgersen 1998) before being analyzed for short-lived
Ra isotopes (data presented elsewhere). The fibers were then transported to the lab where
they were sealed in an air-tight cartridge to allow equilibration of **Rn with ?*Ra on the
fiber and subsequently on a radon emanation line (following Peterson et al. 2009)). Analyt-
ical uncertainties presented throughout represent 1-0 measurement uncertainties based on
counting statistics.

Porosities were determined by mass loss upon drying (Joye 2018)). To calculate the
diffusivities of radium at the seep locations we used the reported temperatures, salinities,
and water-depth from the cruise (Montoya 2015). Chloride profiles used in this work were
measured and reported by Castellini et al. (2006).

3.2.2 Fitting measured 1D conservative tracer profiles

Radium isotopes in sediment are transported by advection and diffusion, adsorb onto and
desorb from sediment surfaces, and decay radioactively. Following Bear (1972), the governing
equation for the total (dissolved and adsorbed) radium profile can be written as

G Cror) = o (2250 - o) - aeC+ o) 3.1)

Jx \ a? Oz
where C' is the dissolved radium concentration in units of mol per fluid volume, F is the
adsorbed radium concentration in units of mol per solid volume, ¢ is the porosity, ¢s =1 —¢
is the solid volume fraction, D is the tracer diffusivity, « is the tortuosity, u is the pore water
flow velocity, A is the decay constant, and here x is the depth in the sediment. Biologically
induced mixing is ignored. When adsorbed and dissolved radium are in equilibrium (i.e.,
K = F/C) and porosity is not varying with time, then

oc _ 0 (eDoC _
@+ 0k) G = 5 (%3G — 6uC) = AC(o+ 0.8 32)
Defining Ry = (¢ + ¢sK) yields
oc 1 0 (¢DOC

In this study, we used the most abundant Ra isotope, ?*Ra, which has a half-life of 1600
years. The slow decay of ***Ra has no discernible effect on the concentration profile, as the
residence time of radium in the upper sediment is only on the order of years or less. Ignoring
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decay, assuming steady-state (0C/0t = 0), and multiplying Eq. by Ry yields

d (¢ dC
0 = %(?%_ 1)—)\0 (34)

where ©1 = ¢u/D is outside the derivative because the diffusion coefficient is assumed to be
constant with depth, and the Darcy velocity (¢ = ¢u) is constant in order to conserve mass.
Note that Eq. applies to tracers in general (including C17), and that C' can represent a
mass or an activity (decays per minute) per porewater volume. The sediment porosity was
described as

$(w) = Poo + (D0 — Poc)e™ ™ (3.5)

where ¢q is the porosity at the sediment-water interface, ¢, is the asymptotic porosity value
at depth, and [ is a parameter determined by fitting each porosity profile. Tortuosity was
defined as function of the pore volume fraction filled with water (Boudreau, 1996):

o?(6) = 1 - 2log(6S)) (3.6)

where Sy is the water saturation, here set to 1.

Equation was discretized with a finite volume method (Versteeg and Malalasekera
2007)) and solved numerically in R 3.4. The grid had a 1 mm vertical resolution and ranged
from the sediment-water interface to 1.5 times the depth of the deepest measurement. The
activities at the top and bottom of the profile were set to ©5 and O3, respectively. Their
values, along with the parameter ©;, were fitted to the measured profiles with the nlm
function in R (Dennis Jr and Schnabel 1983; Schnabel et al. [1985). Local sensitivities were
computed as the first derivative of the radium activities with respect to the fitting parameters
(Soetaert, Petzoldt, et al. |2010). Confidence intervals were determined with a Monte Carlo
analysis. Ten thousand depth profiles were created by randomly selecting a Ra activity or
Cl- concentration from a normal distribution, which was defined by the reported mean and
standard deviation at each depth a measurement had been made. Each profile realization
was then fitted, and from all the fitted parameter values the 95% confidence intervals were
determined.

3.2.3 Multidimensional reaction-transport model

The range of velocities obtained from fitting equation 4 to the data was then used to in-
form a multidimensional reaction-transport model to simulate the effect of carbonate and
hydrate formation on flow and tracer distributions. Luff et al. (2005) developed a 1D model
to evaluate the effect of carbonate crust formation on permeability reduction. Our new
model expands on their work by incorporating gas hydrate dynamics and considering lateral
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heterogeneity in flow and reactions. The distribution of solutes was described as

d(¢pS;Ci)

ot =V {qﬁSf (% + Db> VC; — quf(U + w)C’z + R; (37)

where S is the water saturation, which is the pore volume fraction filled by fluid, C; is
the concentration of solute i, R is a source/sink term for reactions, and w is the burial
velocity. Eq. was also used to simulate an unreactive tracer. The model formulation
assumed that bioturbation leads only to intraphase mixing and does not affect the porosity
gradient (Mulsow et al.|1998). The bioturbation coefficient D, accounts for enhanced mixing
of sediment by infauna, and was parameterized to decrease with depth (x):

Dy = Dye™%/¢ (3.8)

where Dy is the bioturbation coefficient at the top in the domain, and ( is the e-folding
length (Table 3.1} Reed et al. 2011)). Typical conditions at 1000 m water-depth (Table
were assumed to calculate the diffusivities. The model did not account for advective flow
induced by macrofauna.

Table 3.1: Parameterization of the reaction-transport model.

Description Symbol Value Source
Salinity S 35

Temperature T 278 K

Hydrostatic pressure at P 1.01-10" kg m~!

the sediment-water inter- y 2

face

Molecular diffusivity of Do 0.0463 m? y—! S
oxygen

Molecular diffusivity of Dsoa 0.0201 m? y—! S
sulfate

Molecular diffusivity of Dys 0.0375 m? y—! S
hydrogen sulfide

Molecular diffusivity of bi-  Dncos 0.0216 m? y—! S
carbonate

Molecular diffusivity of Dca 0.0150 m? y—! S
calcium

Molecular diffusivity of Dcha 0.0352 m2 y—! S
methane

Molecular diffusivity of Dra 0.0147 m? y—! S
tracer (radium)

Bioturbation coefficient at Dy 0.0012 m? y—! M
the sediment-water inter-

face

Continued on next page
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Table 3.1 — continued from previous page

Description Symbol Value Source
E-folding length of biotur- ¢ 0.01 m

bation

Dynamic viscosity of wa- i 3.15-10* kg m™!

ter y_1

Sediment density Ps 2500 kg m~3

Calcite density Pe 271 kg m ™3

Hydrate density Ph 930 kg m >

Water density Ph 1028 kg m—3

Burial velocity w 6-1075 my~? A
Rate constant for aerobic k1 107" m® mol~! y~—! W
methane oxidation

Rate constant for sulfide ko 160 m? mol~! y~! W
oxidation

Rate constant for anaero- k3 200 mol m~3 y—1! T
bic methane oxidation

Half-saturation con- Ko 1 mol m—3 N
stant anaerobic methane

oxidation for sulfate

Half-saturation con- Koo 37 mol m—3 /
stant anaerobic methane

oxidation for methane

Rate constant for calcium Kyy 10° mol m~3 ym~! L
carbonate formation

Rate constant for calcium K 183y ! J
carbonate dissolution

Power for calcium carbon- m 4.5 J
ate dissolution

Rate constant for gas hy- kst 10 y~! T
drate formation

Rate constant for gas hy- ks, 103 y=! T
drate dissolution

Calcite solubility constant K, 0.521 mol®> m~" H
Acid dissociation constant  Kpacos 9.45-10"% mol m—3 H
of H,CO4

Acid dissociation constant Kucos 5.35-1077 mol m—3 H
of HCO4

Acid dissociation constant Kios 1.51-107* mol m—3 H
of HyS

Acid dissociation constant  Kgpomus 1.56-107% mol m—3 H
of boric acid

Tonization constant of wa- K, 1.15- 108 mol? H
ter m~6

Total borate concentra- TB 0.42 mol m—3 H

tion

Continued on next page
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Table 3.1 — continued from previous page

Description Symbol Value Source
Reference porosity O 0.8

Reference permeability Koy 10712 m?

Reference equilibrium Co 87 mol m~3 T
concentration of methane

Temperature gradient dT /dx 1Km™?

Derivative of the equilib- dCeq/dT 5 mol m~—3 K~1 T

rium methane concentra-
tion to temperature

Sources: A = Aharon and Fu[2000; H = Hofmann et al.[2010} J = Jourabchi
et al. |2010; L = Luff and Wallmann 2003; M = Middelburg et al. [1997; N =
Nauhaus et al. [2002; S = Soetaert et al. 2010} T = see text; W = Wang and
Van Cappellen [1996; Z = Zhang et al. |[2010

The distribution of gas hydrate was described by

O(¢Sh)
ot

=V (¢vash — (Zﬁ’LUS}J —+ Rh (39)

where C is the calcium carbonate concentration, ¢ is the solid volume fraction, and R; is
the net rate of calcium carbonate precipitation and dissolution. The solid volume fraction
was computed, following Jourabchi et al. (2010), as

0o,
ot

= -V - (wos) + R, (3.10)

where R, is the rate at which calcium carbonate reactions change the solid volume fraction.

Reaction network - The model simulated the dynamics of elements that could affect the
permeability field through gas hydrate and calcium carbonate formation, including reactions
(Table that influence the pH through the production or consumption of alkalinity and
dissolved inorganic carbon (Soetaert et al. 2007; Hagens and Middelburg 2016)). Aerobic
oxidation of methane and sulfide make porewater more acidic (R1, R2, Table . Con-
versely, anaerobic oxidation of methane increases the alkalinity (R3). The concentrations of
dissolved calcium and carbonate determine the saturation state of calcium carbonate, which
can buffer porewater to increases and decreases in pH through dissolution (R4b) and pre-
cipitation (R4f), respectively. Assuming rapid equilibration of dissolved acids and bases, pH
was computed from total alkalinity (TA), dissolved inorganic carbon (TC), total dissolved
sulfide (TS), and total borate (TB). Ignoring the contribution of diffusive fluxes of minor
constituents, we used total alkalinity, dissolved inorganic carbon, and total sulfide as state
variables (Eq. with the diffusivity of bicarbonate for TA and TC, and that of hydrogen

sulfide for T'S. The total borate concentration is set to a constant value, representative of the

31



bottom-water (Table [3.1)). The carbonate ion concentration was calculated from the total
alkalinity and the dissolved inorganic carbon.

Gas hydrate formation and dissolution were implemented as kinetic processes forced by
the saturation state (Table [3.2). The equilibrium concentration of dissolved methane (Ce,)
was approximated by
dCeq dT

Ceq = Co— == Aa (3.11)

where Cj is the reference equilibrium concentration at the sediment-water interface (Table
, and T is the temperature. Since temperature profiles are linear in the upper meters
of sediment at cold seeps (Smith et al. [2014), dT'/dz was set to a fixed value (Table [3.1)).
Also, dCeq/dT was assumed to be constant. The values of Cy and dCeq/dT" were based on
the model of Duan et al. (2011) and evaluated at the pressure, temperature, and salinity
given in Table [3.3] Equation ?? does not account for the effect of minor changes in pressure
and salinity with depth on Cey. The rate constant of gas hydrate formation was based on
experimental data (Table ; Chaturvedi et al. 2018), and the dissolution rate constant was
chosen sufficiently large so that the methane concentration remains near equilibrium with
gas hydrate.

Aerobic oxidation of methane and sulfide were described by bimolecular rate laws, fol-
lowing Wang and Van Cappellen (1996). The rate of anaerobic oxidation of methane was
described with Michaelis-Menten terms for both sulfate and methane (Table [B.2}Regnier et
al. 2011)), and the parameterization was informed by rates measured at seeps (Table ;
Treude et al. 2003; Joye et al. 2004]).

Transport and permeability field - For the solid phases, the burial velocity was set to a
constant value (Table . For the aqueous phase, flow was calculated from the pressure
field and Darcy’s law

q= —EVp (3.12)
0

where k is the permeability, p is the dynamic viscosity of water, and p is the excess pressure.
The excess pressure field was obtained from solving the mass conservation equation

9(Sro)

V-q+ 9t

—0 (3.13)
after substitution of ¢ using equation [3.12] The excess pressures at the top and bottom of the

model domain were set to fixed values, whereas no gradient boundary conditions were applied
at the sides. The effect of changes in the porosity and water saturation on permeability are
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accounted for by

K= Ky (%)” (3.14)

where k, is the reference permeability, ¢, is the reference porosity, and n is an empirical
exponent (Kossel et al. [2018). A random permeability field for the initial permeability was
produced with simple kriging (Delhomme [1978)) following a log-normal distribution with a
mean of 1.4-107"" m?, a standard deviation of 1.1-107"" m* (o}, = 0.5), and a correlation
length of 7 cm, based on measurements of marine sediment (Briggs et al. 1998; Reed et al.
2002)). For the exponent n, studies on the permeability reduction induced by gas hydrate
formation have reported a wide range of values, mostly between 2.5 and 15 (see Kossel et al.
2018 and references therein) - we used a value of 10 in the baseline simulation. To explore
the effect of solid formation on flow in a more heterogeneous setting, simulations were also
performed with a preferential flow conduit, representing the relict of a fracture or bubble
stream. Such a conduit was implemented as a 5 cm wide column with a ten-fold higher
permeability on the left side of the domain.

Implementation - The transient simulations were run in 2D. A Cartesian grid with cells
of 1x1 cm2 was designed to represent a 0.7 m wide and 1.41 m deep domain. An overview of
the boundary conditions for all state variables can be found in Table[3.3] The concentrations
at the top and bottom boundaries are representative of the overlying water at a depth of
1000 m, which is oversaturated with respect to calcite, and the composition of the rising
porewater, respectively. Initial values were set to 0, except for total alkalinity, dissolved
inorganic carbon, and dissolved calcium, which were set to values in equilibrium with calcite.

The model was implemented with the finite volume method in R 3.4 and C. The sequential
iterative operator splitting (Steefel and MacQuarrie 1996|) approach was applied to couple
transport to reaction rates, which were computed with CVODE (Hindmarsh et al. 2005).
Random permeability fields were created with the R-package gstat (Pebesma[2004)), acid-base
constants were calculated with AquaEnv (Hofmann et al. 2010), and diffusion coefficients
were obtained from marelac (Soetaert et al. [2010). The FME R-package (Soetaert, Petzoldt,
et al. 2010) was used for statistical analyses.

Applicability - The model simulates the formation of dispersed gas hydrates and calcium
carbonate crust and the transport of dissolved methane through the upper sediment. Such
conditions are characteristic features of seeps with lower flow velocities and at the periphery
of more active vents (Roberts and Carney 1997). The model does not simulate the transport
of free gas (for this see Mogollén et al. 2009)), which is important at locations with more
active seepage. It can lead to more complicated spatial flow patterns and higher temporal
variability (Tryon et al. 2002) and the formation of massive gas hydrates that grow in the
vicinity of or even cross the sediment-water interface. The model does not simulate the
mobilization of sediment, the formation of fractures, and the washout of carbonates (Roberts
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Table 3.2: Reaction network and rate laws.

Reaction stoichiometry Kinetic rate law
20,4+ CH, — CO, + 2H,0 Ry = k1]0,)[CH,]
20,+H,S+2HCO; — Ry = k2|O,)[H,S]
SO?~ +2CO, + 2H,0

_ . [SO37] [CH,]
SO + CH, + CO, — Rs = ks gom 1 ot 1o
2HCO3 + H,S
Ca’t + CO; == CaCO, Ry = (U > 0)kyy W

Ry, = (‘IJ < 0)k4b[CaCO3]\Ifm
CH, + 6H,0 = CH, * Hy0 Ry = ([CH,] > Cuq)kssT
R5b == ([CH4] < Ceq)k5bShT

The saturation index for calcium carbonate is defined as ¥ =
[Ca?*][CO37]/K. — 1, and for gas hydrate as T = [CH,]/Ceq — 1.

and Carney [1997; Crémiere et al. 2016)), nor the effect of macrofauna and microbial mats on
flow (Hovland 2002).

3.3 Results and Discussion

We first describe the Darcy velocities derived from fitting measured 226 Ra profiles (Fig.
3.1) with the 1D diffusion-advection model, and then present the effect of early diagenetic
processes on the flow and tracer profiles in cold seep sediments.

3.3.1 Estimates of vertical Darcy velocities

Upward flow carries the tracer-enriched porewater from depth towards the sediment surface,
with tracer concentration decreasing towards that in the overlying water (Fig. ) The
steepness of the Ra activity gradient near the sediment-water interface reflects the relative
strength of advection compared to diffusion, a relation contained in the principal fitting
parameter ©; (Eq. 4). The modeled radium profiles thus showed the highest sensitivity to
©; in the region of the gradient (Fig. [3.2b).

Darcy velocities, determined from radium and chloride profiles of non-brine and brine
seeps, respectively, spanned a range from approximately 0 to 0.25 m y~! upward flow (Fig.
. Confidence intervals tended to be larger for profiles associated with higher Darcy
velocities (Fig. , but when normalized to the best-fit Darcy velocity did not reveal a
clear trend with Péclet number. While 11 out of 12 analyzed radium profiles (Fig. (3.3
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Table 3.3: The boundary conditions of the state variables.

Variable Upper b.c. Lower b.c.
Solutes ~ Concentration (mol m™3) Concentration (mol m~—3)
0, 0.225 0
SO~ 28 0
Ca*" 10.28 0
TA 2.40 20
TC 2.27 20
TS 0 0
CH, 0 42.73
Tracer 0 1
Solids Flux Gradient
Sh 0 0
CaCO, 0 0
Others
b wos =1.2-107° m y ! Zero gradient
p 0 1.93-10% kg m~t y =2

All state variables use zero gradient boundary conditions on the left
and right sides. With total alkalinity TA = 2[CO3 ™|+ [HCO3 |+ [HS™]+
[B(OH); |+ [OH™]— [H*], dissolved inorganic carbon TC = [CO3 |+
[HCO3 ]+ [HyCOs), and total dissolved sulfide TS = [HS™]+ [H,S]; b.c.
stands for boundary condition.
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Figure 3.1: Measured radium profiles.

36

and 5 out of 9 analyzed chloride profiles exhibited the general patterns shown in Fig. [3.2h,
five profiles had convex-down shapes. The latter can indicate downward flow, which can
develop when gas is discharged from the sediment and replaced by water (O’Hara et al.
1995; Tryon and Brown [2001; Tryon and Brown [2004) or when gas bubbles streams induce
turbulent down mixing of porewater (Haeckel et al. 2007). Bio-irrigation was likely not the
cause of the convex-down shape of the profiles: Macrofauna were not observed in the core
from which the 226Ra profile indicated negative flow (GC600-2, Figs. , . For the CI™
profiles suggesting downward flow (GB425, Fig. [3.3), the signature of the overlying water
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Figure 3.2: Example of radium profile GC600-1; (a) measured radium activities, along with
fitted profile, (b) the local sensitivity of the simulated profile to the fitting parameters, (c)
confidence interval based on Monte Carlo simulation. ©5 b.c. up and ©3 b.c. down denote
the Ra activities at the upper and lower boundaries, respectively.

extended to > 2 m depth (Castellini et al. |2006]), and seep biota typically do not burrow
that deep.

The range of downward and upward flow velocities (Fig. is in accord with previous
studies that determined the flow from conservative tracer profiles (e.g.,Lapham et al. 2008a
and references therein). However, higher velocities extending to several meters per year
up- and downward flow have been measured directly with flux meters (Tryon et al. 2002}
Tryon and Brown 2004; Solomon et al. 2008). There are two possible explanations for such a
discrepancy: First, velocities determined from tracer profiles at steady-state represent long-
term averages. The characteristic time-scale for the *Ra profiles to approach steady state
in the upper 10 cm of sediment is on the order of a month (7 = L?/[4D]; Malinverno 2010)).
When porewater velocities are affected by tidal oscillations, the displacement of the tracer
during one phase of the tidal cycle will be small and counteracted by the next phase, and
hence the tracer profiles will reflect the mean and not the peak velocities. Second, direct
measurements are often conducted at locations that exhibit locally higher flow. The cores
in this study, while collected in areas with known seepage, did not show surficial indicators
of high flow, such as the presence of microbial mats or bivalves near the surface (Hovland
2002).
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Figure 3.3: Darcy velocities obtained from fitting radium and chloride profiles, along with
the confidence intervals. The map was created with GeoMapApp (Ryan et al. 2009).

Magnitude and effect of uncertainty in porewater flow

Absolute **Ra measurement errors typically increased with depth (Fig. [3.2h), and as a
consequence, the uncertainty in O3 (lower boundary condition) was substantially larger than
that in Oy (upper boundary condition). The 95% confidence interval of the Darcy velocity
(¢ = 61D, Eq. , established through the Monte Carlo simulation, showed a long-tailed
distribution (Figs. , . It represents the uncertainty caused by measurement errors
and possibly the inadequacy of model assumptions.

Our estimates of Darcy velocities also depend on the diffusion coefficient (¢ = ©1D,
Eq. . The diffusivities of most solutes in seawater can be estimated with an error less
than 13% (Felmy and Weare , and at non-brine seeps the aqueous diffusivity can be
assumed to be constant with depth. To obtain this level of accuracy in the presence of large
salinity gradients, diffusivities need to be corrected for changes in ionic strength (Haffert
et al. 2013} Haffert and Haeckel 2019). Data compiled by Boudreau indicate that
for a porosity above 0.6 the tortuosity can vary by 30 to 100%. This uncertainty in the
tortuosity propagates directly into that of the Darcy velocity.
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The uncertainty in effective diffusion coefficients can have a significant impact on esti-
mates of benthic-pelagic coupling at cold seeps, which depend on accurate estimates of fluid
flow. For example, Smith et al. (2014) constrained the Darcy velocity at site MC852/853
(Fig. by fitting C1™ profiles. They assumed a constant porosity and tortuosity and
lumped these parameters implicitly in the effective diffusivity, which was set to 2.5 - 107
m? s~!. This value was taken from Dugan and Flemings (2000), who used it for a 600 m
depth interval on the New Jersey continental slope, where pressure, temperature and poros-
ity (which varied between 0.4 and 0.65, likely corresponding to different sediment tortuosity)
differed from conditions in the upper sediment of MC852/853. With this effective diffusivity,
a porewater Darcy velocity of 3 & 2 cm y~! was obtained. The temperature measurement
indicated a source of heat beyond porewater flow, which was attributed to the flow of gas.
Fitting the observed temperature profiles yielded a vertical gas velocity of 80 4 20 cm y !,
several orders of magnitude larger than previously estimated (National Research Council
2003)). However, assuming a constant porosity of 0.7 (Castellini et al. 2006 and correcting
for in-situ conditions (Boudreau [1997)), we calculated an effective diffusivity of 5 - 107!° m?
s'!. Since this calculated diffusivity is twice as large as the one used by Smith et al. (2014),
it yields a two times larger porewater Darcy velocity (6 cm y™'; ¢ = ©; D) and confidence in-
terval. With this higher velocity, more heat is transported via the aqueous phase. Thus, the
gas flow velocity needed to fit the temperature profile becomes much lower and its confidence
interval larger, even encompassing (0. The high sensitivity of the estimated gas flow to the
porewater flow follows from the 13-fold higher volumetric heat capacity of water compared

to gas, and indicates the need for a careful assessment of the uncertainties.

3.3.2 Effects of spatially variable permeability

The spatially variable permeability field led to a spatially variable flow field in our 2D sim-
ulations. Here we analyze how this variability can affect flow estimates made with different
experimental methods. . Simulated upward flow velocities at the sediment-water interface,
where flux meters (e.g. Tryon et al. |1999) measure flow, varied from -70% to +211% rel-
ative to the domain-averaged Darcy velocity (g[t]). Averaging the vertical velocities over
the upper 20 cm, which corresponds to the typical depth of the measured **°Ra profiles and
hence is comparable to velocities inferred from fitting porewater profiles, yielded a narrower
range of -60% to +83% (Fig. [3.4h). This lateral variability in vertical velocities implies that
the width of a sediment core can have a substantial effect on the velocities obtained from
measured conservative tracer profiles, as it determines the cross-sectional area over which
the velocities are averaged. The variability quantified by computing the mean of the 0-20
cm depth-averaged Darcy velocity over a core width, with cores sampling across the entire
model domain, ranged from -41% to +62% and -17% to 15% for 5 cm and 25 cm wide cores,
respectively (Fig. ) Model simulations suggest that the spatial variability persists over
time, even if the absolute Darcy velocity changes (see section 3.3.2 below). For example, in
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a simulation in which the average velocity (q[t]) decreased substantially from 0.51 to 0.27
m y~! over a period of 100 years, the relative variation in flow (¢q[z,t]/q[t]) remained rather
constant (compare grey and black lines in Fig. [3.4p). The robustness of the observed pat-
terns for random permeability fields with variances (afogﬁ) between 0.2 and 1.0 has been
confirmed through additional simulations in both 2D and 3D (see appendix .

The presence of a preferential flow conduit obviously further increases the spatial variabil-
ity in vertical flow (Fig. |3.4c,d). In this case, a strong feedback exists from solid formation
as the Darcy velocity in the conduit decreases more rapidly than in the remainder of the
sediment (see below, and compare grey and black lines in Fig. [3.4c).

To assess the horizontal variability in flow estimates derived from tracer profiles, we
extracted 20 cm long vertical profiles from the simulated tracer field, starting at each grid
point at the sediment-water interface. These were then fitted using Eq. to determine a
Darcy velocity from each of these profiles. Compared to the depth-averaged Darcy velocities
derived from the simulated flow field (solid grey lines, Fig. , c), these fitted velocities
(dashed lines, Fig. , c¢) exhibited broader and less pronounced peaks, which is caused
by lateral diffusion of the tracer. The variance of velocities determined by fitting computed
tracer profiles was ~ 20% to 50% lower than those of the depth-averaged Darcy velocities
from simulated flow fields (based on additional simulations, see appendix . When tracer
concentrations are averaged over a cross-sectional area, the range of fitted velocities for a core
width (striped area, Fig. [3.4p) is smaller than the range of the laterally averaged computed
velocities (grey area, Fig. [3.4b). This reduction is stronger with greater differences in local
velocities, such as with a preferential flow conduit (compare of striped areas Fig. ,d).

3.3.3 Simulating the effect of solid formation on changes in flow
over time

The interaction between early diagenesis and flow are first briefly described (for an in-depth
discussion, see also Luff and Wallmann 2003 and Luff et al. |2005)), and then the effect of
dispersed hydrate formation and carbonate precipitation on flow and the fitting of tracer
profiles are evaluated.

Early diagenesis

Anaerobic oxidation of methane has a large influence on the distribution of solids, as it
produces the alkalinity needed for calcium carbonate precipitation and affects the depth
interval over which methane concentrations are below saturation with respect to gas hydrate.
The consumption of sulfate is driven by methane oxidation, and the sulfate concentration
gradient (and hence the sulfate penetration depth) mirrors the rate of this process. The
penetration depth increased from 4.5 to 7.5 cm in the time interval of 10 to 500 years (Fig.
), reflecting simultaneous decreases in the Darcy velocity (from 0.51 to 0.04 m y~ 1), the
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Figure 3.4: Simulated Darcy velocities averaged vertically over the top 0.2 m (solid lines)
and Darcy velocities obtained from fitting simulated tracer distributions (dashed lines) for
sediment with (c¢) and without (a) a preferential flow conduit in the leftmost 0.05 m. Panels
(b) and (d) show the velocities obtained when averaging those shown in (a) and (c) across a
width of 0.05 to 0.25 m; the vertical extent of the grey zone indicates the variability of Darcy
velocities for a given core width, and the striped zones correspond to those constrained from
fitting conservative tracers.
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influx of methane (15.3 to 1.4 mol m~2 y~'), and the sulfate reduction rate (3.1 to 1.3 mol
m~2 y~!). The efficiency of methane oxidation (defined as the spatially integrated reaction
rate divided by the influx of CH, from below) increased from 23 to 30% during the time
of 10 to 100 years, and the methane oxidation rate was larger than the influx of methane
at 500 years, as a part of the substrate was produced in-situ through the dissolution of gas
hydrate. Simulated methane concentration profiles exhibited a steep non-linear gradient in
the upper sediment and a small linear increase with depth in the deeper sediment (Fig.
3.2p), indicating the transition from a region where the methane is below the gas hydrate
equilibrium concentration to a region where it is controlled by the gas hydrate equilibrium
concentration, which increases linearly with depth (Eq. . The gas hydrate zone retreated
to greater depth over time (Fig. [3.5b) due to the decrease in methane influx. Calcium
carbonate precipitated near the sediment-water interface, leading to a higher solid volume
fraction (Fig. [3.5b) and the formation of a crust. This crust became thicker over time due
the downward migration and thickening of the anaerobic methane oxidation zone, and also
through the burial of carbonates. The calcium carbonate concentration peak was formed in
the beginning of the simulation, and slowly moved down through burial to 3 cm after 500
years (Fig. [3.5p). Calcium carbonate precipitation rates gradually declined with time due to
a decrease of the alkalinity production rate. This change reflects that the deceleration of flow
led to a reduced flux of methane into the surface sediment, lowering the rate of anaerobic
methane oxidation, despite an increase in oxidation efficiency.

The presence of a preferential flow conduit (Fig. [3.5,f) led to (horizontally averaged)
chemical profiles that were qualitatively similar to those without one. The methane and
sulfate profiles exhibited more gradual gradients, reflecting lower velocities and reduced
influx of methane outside the conduit. The solid volume fraction was higher in the conduit
and lower in the remainder of the sediment, resulting in a laterally averaged profile that
had a slightly lower and broader peak compared to the simulation without the conduit (Fig.
, inset of Fig. [3.6b). The hydrate stability zone was located closer to the sediment-water
interface in the conduit than in the remainder of the sediment (inset of Fig. [3.6b), which
resulted in a kink in the laterally averaged hydrate saturations (Fig. [3.5p).

Evolution of the flow field

The simulations showed a rapid deceleration of flow in the first 200 years and then a steady
decline to a plateau value of ~ 0.02 m y~! (Fig. [3.6p). This pattern was observed across
a wide range of imposed pressure gradients, corresponding to initial velocities ranging from
0.2 to 1.0 m y=! (Fig. [3.6k). Calcium carbonate formation reduced the fluid volume frac-
tion near the sediment-water interface across the width of the domain, and gas hydrates
accumulated at greater depth (see inset of Fig. [3.6b). In the simulations with a preferential
flow conduit, the high permeability zone experienced a stronger reduction in fluid volume
fraction (Sy¢, Eq. and deceleration of flow with time (Fig. [3.6p). In all simulations,
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Figure 3.5: Depth profiles of (a,d) dissolved methane (black) and sulfate (grey) and (b,e) the
hydrate saturation (black) and the solid volume fraction (grey), as simulated in the reaction-
transport model after 10, 100, and 500 years (solid, dashed and dotted lines, respectively).
Panels denote simulations with (d,e) and without (a,b) a preferential flow conduit in the
leftmost 0.05 m of sediment. The values are averaged over the domain width; deviations
of the solid volume fraction from its initial value (0.2) correspond to the calcium carbonate
content. Panels ¢ and f show the permeability fields of the simulations without (c¢) and with
(f) conduit, respectively, after 325 years. Changes in permeability with time are reflected by
those in the Darcy velocity (Fig. [3.6).



the deceleration caused by solid formation was stronger for faster flow and thus constituted
a negative feedback. The time-scales of these processes on the order of decades to centuries
is slow compared to the time of a tracer profile to approach steady state, and hence does not
invalidate the steady-state assumption when fitting measured profiles to determine Darcy
velocities. Sensitivity analyses indicated that the rate constant of anaerobic methane oxida-
tion, the burial velocity, and the exponent in the permeability function (Eq. can have
a significant effect on the deceleration rate and stable plateau value of the Darcy velocity
(see appendix A2).
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Figure 3.6: Average vertical flow velocities over time with (b) and without (a) a preferential
flow conduit. Panel (a) denotes 5 simulations differing in the imposed vertical pressure
gradient. Panel (b) denotes the vertical flow for a pressure gradient that corresponds to the
initial Darcy velocity of 0.6 m/y in panel (a); the dashed and dotted lines are representative
values for the preferential flow conduit and the bulk sediment, respectively, while the solid
line denotes the domain average. The inset in panel(b) visualizes the water-saturated pore
space (¢Sy) as isolines in the preferential flow section (dashed vertical line) vs. the bulk
sediment (dotted line) after 325 years.

The simulated patterns may apply to sites of mineral-prone features with slower flow.
More complex flow can emerge when high fluid pressure in low permeability sediments can
form fractures (Cavagna et al. 2015). At ancient and modern seep sites, tubular carbonate
aggregates are present with horizontal and vertical orientations that served as conduits for
water and gas flow (e.g. Aiello et al. 2001; Haas et al. 2010). The model is not designed
to simulate the formation of fractures. Neither can it resolve morphologies of carbonates,
such as tubes, nodules, shells, filled-molds (Haas et al. 2010), nor the shape of hydrates
in nodules, lenses, or massive structures (e.g. MacDonald et al. [1994; Tréhu et al. 2004]),

44



which can affect the flow path. At sites with slower seepage, solids carbonate slabs can form
over time-scales longer than investigated here (Roberts and Aharon [1994; Teichert et al.
2003)). In such settings, the tendency of solid formation to decelerate flow and to reduce
the spatial heterogeneity by clogging preferential flow paths (Hovland 2002), as shown in
the simulations, may help explain the relatively narrow range of velocities determined from
measured tracer profiles (Fig. .

3.4 Conclusion

Seepage at multiple cold seep sites in the northern Gulf of Mexico have been quantified by
fitting 2*°Ra profiles with a 1D diffusion-advection model. The uncertainties in the fits are
substantial, commonly on the same order of magnitude as the estimated flow velocities. They
arise from uncertainties in the measurements, the tortuosity, and modeling assumptions,
which are factors that apply to chemical tracer profiles in general.

Our work provides a foundation for a comparison between estimates of flow based on
conservative tracer profiles and other approaches. For example, as estimates of gas flow based
on temperature and salinity gradients are highly sensitive to the estimated porewater Darcy
velocity, they tend to be less reliable than gas flux estimates based on field observations.
Furthermore, our simulations illustrate the effect of the spatial variability on porewater flow
estimates, and how it relates to collected sediment core size. The effect of temporal variability
in external forcing depends on the characteristic time-scale, which for a tracer profile is on
the order of a month. Fast oscillations, induced by the tide or short expulsion events, have a
small or negligible effect on the tracer profiles. Flux meters can capture these shorter-lived
signals, leading to higher extremes in up- and downward velocities with a similar mean. The
formation of dispersed gas hydrates and carbonates tend to decrease the spatial variability
in flow on time-scales of decades to centuries. The tracer profiles do not retain information
of these changes, but adjust to changes in flow direction and magnitude during a month.
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CHAPTER 4

THE EFFECT OF REDOX CONDITIONS
AND BIOIRRIGATION ON NITROGEN
ISOTOPE FRACTIONATION IN MARINE
SEDIMENTS)

'Rooze, J. and C. Meile (2016). In: Geochimica et Cosmochimica Acta 184, p. 227-239. Reprinted here
with the permission of the publisher.
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Abstract

Nitrogen isotopic signatures of sources and sinks of fixed nitrogen (N) can be used to constrain
marine nitrogen budgets. However, the reported fractionation during benthic N, production
varies substantially. To assess the range and mechanisms responsible for such observations,
we conducted a model study to evaluate the extent to which nitrification, denitrification, and
anaerobic ammonium oxidation contribute to the isotopic composition of in situ N, produc-
tion. Different hydrodynamic regimes were taken into account, ranging from bioirrigation
to diffusion-dominated transport. The benthic redox conditions were found to control the N
isotope effect, which under reducing conditions is driven by fractionation during nitrification
and anaerobic ammonium oxidation and under oxidizing conditions by fractionation during
denitrification. Environmental parameters, such as the mineralization rate, the bioirrigation
intensity, and chemical composition of the overlying water affect the benthic redox zonation
and therefore also the benthic N isotope effect. The N isotope effect of benthic N, produc-
tion was computed for a wide range of bioirrigation intensities and mineralization rates, and
found to be approximately —3%o for commonly encountered conditions. This value is similar
to previous estimates of the global N isotope effect of benthic N, production, which provides
a strong constraint on the relative importance of water column vs. benthic N, production.

4.1 Introduction

The availability of nitrogen (N) is considered one of the main controls of primary production
in the ocean (Sarmiento and Gruber 2006). Marine fixed N inventories are regulated mainly
by microbial processes, which can induce N isotope effects by consuming or producing "N
and '°N species at slightly different rates. Therefore, the contributions from different sources
and sinks to the bioavailable oceanic N pool can not only be determined from measured fluxes,
but also constrained from their isotopic signatures (Montoya [2008)).

Globally, nitrogen fixation is the largest source and N, production through denitrifica-
tion (DNF) and anaerobic ammonium oxidation (anammox) represent the major sinks of
bioavailable N in the ocean. N fixation introduces N with a 6'°N of —1 4 1%0(6"°N =
{[**N/MN]/[**N/"Nlstandara — 1} -1000%0; Minagawa and Wada 1986; Carpenter et al. |1997).
Anammox is carried out by chemolithoautotrophic bacteria that gain energy from the re-
action of ammonium (NHJ) with NO; to N,, with an N isotope effect of —16%0 for NO;
reduction and approximately —26%o for NH} oxidation (Brunner et al. [2013)). During DNF,
nitrate (NO3 ) is reduced through several intermediates, including nitrite (NO; ) to dinitro-
gen gas (N,). Although fractionation can occur during each step, the overall N isotope effect
of the DNF pathway is affected most by the step in which a nitrogen-oxygen bond of a nitrate
ion bound to nitrate reductase is cleaved (Shearer et al. [1991). In laboratory studies with
marine denitrifying bacteria, fractionation by —5 to —30%c has been measured, depending
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on the specific denitrifier species and experimental conditions (Wellman et al. |1968; Granger
et al. 2008; Kritee et al. 2012).

Strong N isotope fractionation of —25 4 5%¢ has been reported to occur during N, pro-
duction in oxygen minimum zones (Brandes et al. [1998; Altabet et al. |1999; Sigman et al.
2003)). Due to this fractionation, NO, (NO; + NOj) tends to become locally enriched in
15N, which counters the discrimination against the preferential consumption of N and di-
minishes the effect on the bulk oceanic fixed §'°N (Deutsch et al. 2004). Thus, the apparent
enrichment factor of water-column N, production is likely substantial, but less negative than
the organism-level N isotope effect. In sediments the apparent N isotope effect was thought
to be close to zero, since initial studies showed that the bottom water 6'°N-NO, did not
change during incubation experiments (Brandes and Devol 1997; Brandes and Devol 2002}
Lehmann et al. 2004). More recent studies have called the assumption of negligible N iso-
tope fractionation into question. Firstly, fractionation during nitrification can produce light
NOx substrate for N, production and lead to exchange fluxes of heavy reduced N (NHj
+ dissolved organic nitrogen [DON]) from the sediment to the overlying water, which then
increases the ocean fixed 6'°N (Granger et al. [2008; Alkhatib et al. 2012). Secondly, NO,
exchange fluxes have been found to directly communicate the benthic N isotope effect to the
overlying water (e.g. Dale et al. [2014)), which is consistent with observations in incubation
experiment showing that N isotope fractionation during DNF led to heavier bottom water
NOj (Déhnke and Thamdrup 2013)).

In this study, we assess N isotope fractionation in sediments that are inhabited in bottom
dwelling organisms. In particular near-shore environments are commonly inhabited by ben-
thic infauna, which often are critical in shaping their habitat (Meysman et al. 2006a; Archer
and Devol [1992; Volkenborn et al. 2007). They enhance solute transport in sediments (Meile
and Cappellen 2003), increase benthic mineralization rates (Aller and Aller |1998; Kristensen
2001; D’Andrea and DeWitt |2009), and promote higher coupled nitrification-N, production
rates (Grundmanis and Murray [1977; Na et al. 2008). The study of sediment N cycling is
particularly relevant on continental shelves, which host 50 - 65% of the global benthic N,
production (Middelburg et al. [1996; Bianchi et al.|[2012; Bohlen et al. 2012)). Approximately
70% of continental shelf sediments are permeable (Emery |1968), so that advective transport
typically dominates solute transport (Hiittel et al. 2003). Flow circulating through such
sediment may introduce NOj that is only partially consumed in situ, leaving the efflux en-
riched in heavy N to potentially communicate the N isotope effect of N, production to the
overlying water. Kessler et al. (2014) found that N, production in a column experiment
with current-induced flow led to a N isotope effect of approximately —2.8%0. However, the
effect of bioirrigation on benthic N isotope cycling has not yet been studied in detail. Here
we present a mechanistic, early diagenetic process model to quantify the N isotope effect in
sediment surrounding a burrow and identify the role of the redox conditions and advection
induced by infauna in controlling the N isotope effect of benthic N, production.
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4.2 Methods

4.2.1 Reaction-transport model

The mechanistic model simulated the effects of sediment early diagenesis in the presence of
pumping infauna on the isotopic signature of benthic N fluxes. A 2D axisymmetric domain
represented the physical 3D cylindrical environment surrounding a burrow, following the
lugworm model of Meysman et al. (2006b)). The domain radius was 10 cm, which corresponds
to a population density of ~32 individual organisms m~—2. The uppermost 2 cm of the domain
represented the bottom water, overlying 20 cm of sediment. A burrow feeding pocket was
implemented as a fluid injection site of radius 2.5 mm located at 15 cm depth, with a feeding
funnel above it that had a 10 times higher permeability than the rest of the sediment (Jones
and Jago [1993; Riisgard and Banta 1998)).

The method described in Dornhoffer et al. (2015) was used to simulate fluid flow. In short,
flow velocities were calculated using the Navier-Stokes and Darcy-Brinkman equations (Le
Bars and Worster 2006)), accounting for pressure forces and shear stress in the momentum
balance. Fluid was injected into the sediment at a constant rate by imposing a normal
velocity on the boundary of the feeding pocket. Symmetry conditions with zero normal flow
were imposed at the outer cylinder boundaries. Zero normal flow was imposed at the bottom
of the domain, while the top boundary allowed for fluid to escape.

The steady-state distribution of dissolved species was described by the following mass
balance equation:

0=V (¢D;VC; — dvC) + R (4.1)

where D; is the diffusion coefficient, C; is the concentration, ¢ is the porosity (set to 1 in
the overlying water), v is the velocity vector, and R is the net reaction rate. The molecular
diffusion coefficients D' were calculated following Boudreau (1997) at a temperature of 5
°C and a salinity of 35. In the bottom water the diffusion coefficient was the sum of D!
and the eddy diffusion coefficient calculated with the Reichardt equation (Boudreau 2001):

Dy = D™ + kzu* [1 - 111: tanh (zu )} (4.2)
2U

where £ is the dimensionless von Karman constant (0.4), z is the distance from the sediment-

water interface, u* is the shear velocity (set to 107 m s71), and v is the kinematic viscosity

(107% m? s7!). The diffusion coefficient in the sediment was corrected for tortuosity in the

porous medium following Boudreau (1996):

mol
D 7

D= ————
1 —2log ¢

(4.3)
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The reaction network (Table[4.1]) described mineralization of dissolved organic matter (DOM)
in the sediment with aerobic respiration, DNF, and dissimilatory iron oxide (Fe(OH),) and
sulfate (SO?~) reduction. The various mineralization reactions of labile DOM with different
electron acceptors use a first-order rate law with respect to DOM concentration (Table .
NO, was accounted for explicitly to implement anammox and to act as an intermediate in
the DNF and nitrification reactions. Sulfide (HS™) and dissolved iron (Fe®') can be reoxi-
dized or form a FeS precipitate (Table . Reaction rates were set to zero in the overlying
water, and processes such as dissimilatory nitrate reduction to ammonium, ammonium as-
similation, or benthic primary production, which may become important in shallower waters,
are not included. Strong mixing of the sediment by macrofauna was assumed to lead to a
homogeneous distribution of solids in the sediment, and POM and Fe(OH), concentrations
were held constant over the domain depth.

The parameterization of the baseline simulation was based on literature values, and within
the reported ranges adapted to the setting of Brandes and Devol (1997)). The measured ben-
thic exchange fluxes of inorganic N and the N, production rate were fitted by adjusting
the benthic DOM production rate, the rate constants and half-saturation constants of ni-
trification, DNF, and anammox, and by adjusting the fractionation factors associated with
NH; consumption during anammox and nitrification (Table . At the top of the domain,
known concentrations were imposed. For this, the bottom water concentrations of O, and
NO; and the §'°N of NO; and organic matter reported by Brandes and Devol (1997) were
used (Table . The concentrations in the oxygenated bottom water of reduced species
NO;, NHJ, Fe?*, and HS™ were set to zero, and the DOM concentration was set to 50 pmol
(Lgnborg and Sgndergaard [2009)). The same concentrations were also imposed at the feeding
pocket, except that respiration by the macrofauna was assumed to produce NH} and lead to
a 60% oxygen drawdown in the fluid injected (Table . No flux conditions were imposed
at the domain sides and bottom.

The model was implemented in COMSOL4.4 using the “Free and Porous Media Flow”
and “Solute Transport” application modes. The domain was discretized with approximately
23,000 triangular elements, with element sizes ranging from about 60 pm to 1 cm. The mesh
was finest near the feeding funnel and SWI in order to resolve sharp concentration gradients
accurately. All simulations were run dynamically to steady state.

4.2.2 Nitrogen isotope fractionation

For the dissolved N species separate state variables were included to account for N and
1°N. N isotope fractionation occurred through multiplying rate constants of the °N species
by fractionation factors, which are defined as a = (Ry/R;)/(**N/*N)gubstrate; Where Ry, and
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Table 4.1: Reaction pathways

. . *
Primary redox reactions

Ry
R,
R;
Ry
Ry
Ry

Rs

(CH,0),(NHj)y,(aq) + @Oy — a CO, + fb NH} +
(1 — fHBNH] + aH,O
(CH,0),(NHy)p(uq) + 50 'NO; + (50 +D)HT —
aCO, + fO"NH] + (1 — f)b"°NH] + 2a™N, + 2aH,0
(CH20>a(NH3)b(aq) + %alsNOQ_ + (%CL + b)H+ —
aCOy + fOMNH] + (1 — f)b"NH] + 24N, + 2aH,0O
(CH,0),(NHy)}, (o) + 20'*NO3 +bH* —
aCO, + fOMNH + (1 — f)b"°NHS + 2a"NO; + aH,0
(CH,0),(NHy)p(q) +2a°NOg + bH" —
aCO, + fo"NH] + (1 — £)b"’NH} + 2a'°NO; + aH,0
(CH,0),(NHy)y(oq + 4aFe(OH); + (8a + b)HY —
aCO, + fO"NH; + (1 — £)b"’NH} + 4aFe*" + 11aH,0
(CH,0),(NHy)y, (o) + 30507 + (30 + H" —
aCO, + fOMNH] + (1 — f)b"’NHf + LaHS™ + aH,0

Other reactions

UNHS + “NO; — "N, +2H,0
UNH; + NO; — MNN +2H,0
BNHS + "“NO; — “N'N 4 2H,0
BNH} + NO; — N, +2H,0
“NH] + 2 0, + 2HCO; — "NO; + 3H,0 +2CO,
“NH} + 20, + 2HCO; — ""NO; + 3H,0 + 2CO,
“NO; +10, — MNO3y
PNO; + 10, — "NO;3
HS +20, — SO3™ + H*
Fe** 4+ 10, +2HCO; + 1H,0 — Fe(OH), + 2 CO,
Fe’™ + HS™ — FeSH™
(CHZO)Q(NHZi)b(s) — (CH2O)a(NH3)b(aq)

: CH,0),(NH3)p(aq) and CH,0),(NHg),, refer to dissolved and partic-
ulate organic matter, respectively. ‘a’ and ‘b’ subscripts refer to the C:N
ratio in organic matter, which was set to 106:16.
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Table 4.2: Rate laws

Primary redox reactions

Ry = kDOMCDOM%
R} = (kpomCpom — R1) oL
2 = (AkpOMUDOM 1 [MNOS J+["*NOy J+Km,Nno,
15N0*
Rg = OINO,,DNF (l{?DoMCDOM - Rl) [14NO;}+%15NO§%+Km,NOI
14 -
Ry = (kpomCbom — Ri — Ry — Rb) NG

[M*NOZ+["*NO3 J+Km,No,
[ISNOg]

R =« kEpomC; — Ry — R, — R} — =
3 NOs,DNF ( DOMY“~DOM 1 2 2) [MNO3 |+[*NO; ]“l‘Km,NOz

_ 1 h 1 h [Fe(OH);]
Ry = (kDOMCDOM — I - By - Ry - Iy - R3) [Fe(OH)3]+anFe<OH>3

SO3~
Ry = (koowCrox — Ry = By = Ry — By — RS — Ra) oz el

Other reactions

3 4N+

R161 — k’amx[14NOQ ] [14NHI]+%15NH3F]]+KID,NH4
h

R6No2 = OéNOQ,amxkamX[15NOQ_] [14NHI]+[[1i§I;§]]+Km’NH4
h

™ = ot b NO ek i

Rgh = aNOQ,amxaNHzl,amxkanﬁ[15+NOQ_][141\1}[11;\+%5]NHI

NH
R17 = kext AO[O,)] [14NHI]+[[15NH}}]+KID1NH4

[1NH{]
(MNHy J+[NH [+ Ko Nw,,
Ry = knolO,]["NO; |

Ry = ano, oxkno[0,]["NO; ]

Ry = kus[O,][HS™]

Rig = kie[O,][Fe*"]

R11 = max |:0, kFeS (w — 1>i|

KFeS [H+}
RlZ = FDOM,prod/L

-R}71 = aNH4,oxkAO [OQ]

L refers to the length of the modeled sediment domain, which is 20 cm.
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R, are the rates of reactions that consume ®N and "N species, respectively (Table [4.2, Mar-
iotti et al. [1981)). The fractionation factors were generally less than 1, reflecting enzymatic
discrimination against heavy N (Table . The only exception was NO, oxidation, which
has an inverse N isotope effect (Casciotti 2009).

The effect of the benthos on the isotopic composition of fixed N in the ocean is determined
by the fluxes and isotopic composition of inorganic and organic N across the sediment-water
interface. At steady-state the sum of these fluxes have to balance the magnitude and isotopic
composition of the in situ N, production, since DNF and anammox are the only sinks of N
in the model. Therefore, the isotopic composition of the in situ produced gas can be used
to quantify the N isotope effect (€geq):

159 /14
N N roduction
€sed = 15 1{1 )ng oductio —1] - 103 (44)
( N/ N)bottom-water NO3
where the N, production rates are defined as:
4 l NO,i NH,i i
§R2 +Rg 2 + Ry * + 2Ry (4.5)

with i=h for N and 1 for "*N; ii denotes anammox using nitrite and ammonium that are both
heavy or light, respectively (Table . Burial of organic N is not taken into account, since
the flux is small compared to the benthic and water-column N, production rates (Brandes
and Devol 2002).

The model can be used to quantify the contribution of individual processes to the isotopic
composition of N, produced in the sediment and hence the overall benthic N isotope effect,

€sed & 01N-N, — §"N-NO3 , (4.6)

where §'°N-N, and §'°N-NO3 bw are the isotopic composition of the in situ produced N, gas
and NOj in the overlying water, respectively. The isotopic composition of N, produced from
different sources in the absence of fractionation can be approximated by:

SPN-N, = f101 + ... + fulyn (4.7)

where f; refers to the fraction of source ¢ (with signature §;). Fractionation in the conversion
of substrate s to product p can be expressed as

op~ ds+¢€ (4.8)
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Combining equations [4.7] and [4.§] yields:

5N2 - f151+f161+---fn5n+fn6n
= A-I—Zfz‘ﬁi (4.9)

Substitution into Eq. shows that a simulation with all the fractionation factors («, Table
set to 1, which turns off fractionation in the model, yields an apparent N isotope effect

(€;) that accounts for sources with a different N isotopic composition (organic N and bottom
water NOj3 ) and is reflected in the parameter A (Eq. 4.9)

€= A—06"N-NOjy . (4.10)

Next simulations were run with a single fractionation factor having its original value and all
the others set to 1, which yields an apparent N isotope effect (¢;). The apparent N isotope
effect of individual processes (e; = €; — €g) can then be combined to yield the overall benthic
N isotope effect

€sed = €0 T+ Zek (411)

The effect of the areal bioirrigation intensity on benthic N isotope cycling was examined
by changing the pumping rate (@, Table and organism density, i.e. the domain radius.
Simulations with a burrowing depth of 5 cm were performed to analyze the impact of shallow
bioirrigation. The in situ DOM production rate (Fpowm,prod, Lable , DOM reactivity
(kpom, Table , and the composition of the overlying water (O, and NOj . Table
4.3)) were varied to evaluate the benthic N isotope effect in different environmental settings.

Finally, sediment N fractionation was quantified for a wide range of mineralization rates
and areal bioirrigation intensities. The latter is the pumping rate of an individual organism
(Q, Table divided by the domain surface area (A = 7r? Table . In total 198
simulations were carried out in which the bioirrigation intensity and mineralization rates
were varied from 4.6 to 91.7 L m=2 d=! and 0.36 to 29.73 mmol m~2 d=!, respectively. Since
burrowing macrofauna are dependent on the availability of POM as food source (Kiinitzer et
al. [1992), sediment mineralization rates and bioirrigation intensities are often related. Two
empirical relationships from literature were employed to provide a first order estimate of
commonly encountered conditions, using the total sediment community oxygen consumption
(SCOC) as a measure for the mineralization rate. The first relationship is based on an
estimate of non-diffusive sediment O, uptake (see Eq. 1 in Meile and Cappellen 2003)), which
we tentatively assume to be due to bioirrigation. Recasting that equation and assuming a
negligible amount of O, in the sediment porewater yields:

Q SCOC 1
& _ UL (o -1000
A Oy ( 1.292 + 0.073 - SCOC)

(4.12)
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where Q/A is in L m~2 d~!, SCOC corresponds to the mineralization rate in mmol C m™2
d=!, and O, 4, 18 the oxygen bottom water concentration in pM (Table .

Table 4.3: Parameters used in reaction-transport model (baseline)

Description Symbol Value Source

Environmental parameters

Bottom water O, concen- O3 1y 150 pM a

tration

Bottom water NO3 con-  NOgz o 23nM a

centration

Isotopic composition bot- § 15N—NO3_ bw 7.6%0 a

tom water NO3

Isotopic composition or- Org. 7.0%0 a

ganic N SN

Bottom water DOM con-  DOMy,,, 50 pMm b

centration

Injected O, concentration O3 inj 0.4-0g 1, c

Injected NHj concentra- NHZ’,inj 8 pM d

tion

Imposed Fe(OH)4 concen-  Fe(OH),4 5 mM

tration

N:C of POM and DOM N:C 16:106

Porosity 0] 0.4

Acidity pH 8.1

In situ DOM production FpoMm,prod 4 mmol C m~2 d-! e

Pumping rate Q 0.62 mL min~—! e

Rate constants

DOM production kpom 2.107% s f

Anammox Kamx 1.7-107° g~! e

NHI oxidation kao 1.5-1075 7! e

NO; oxidation kxo 6.3-1077 pm—t 71 e

HS™ oxidation kys- 51-1072 pm—t st g

Fe* oxidation kpe2+ 7.5-107% pm—t st h

FeS precipitation kres 1.9-107 12 pm—! g
g1

Half-sat. constant aerobic Kno, 8uM g

respiration

Half-sat. constant DNF Ko, 12 M g

Half-sat. constant Ky, pe(on), 50 - 103 um h

Fe(OH); reduction

Half-sat. constant SO3~ K so, 0.85 mM i

reduction

Half-sat. constant anam- K,mNH4 10 M e

mox and NH} oxidation

Continued on next page
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Table 4.3 — continued from previous page

Description Symbol Value Source
Dissociation constant FeS Kres 1.12 mM g

Fractionation factors
Denitrification (NO; ) QNO,,DNF 0.985 j
Denitrification (NO;) QNO,,DNF 0.979 j
Nitrification (NHJ) ONH, 0x 0.984 e
Nitrification (NO3 ) ANO, ,0x 1.013 j
Anammox (NO3) ANO,,amx 0.982 k
Anammox (NHJ) Q'NH, amx 0.984 e

Sources: (a) Brandes and Devol (1997)), (b) Lenborg and Sgndergaard (2009),
(¢) Volkenborn et al. (2010), (d) Reitze and Schottler (1989), (e) fitted to repro-
duce measurements of Brandes and Devol (1997)), (f) Dornhoffer et al. (2015),
(g) Wang and Van Cappellen (1996), (h) Van Cappellen and Wang (1995), (i)
Pallud and Van Cappellen (2006]), (j) from data compiled by Casciotti (2009),
(k) Brunner et al. (2013).

The second method uses the equation derived by Fennel et al. 2009, which estimates the
benthic N, production rate (Fy,, mmol N m~* d~') as a function of SCOC:

Fy, = 0.086111 - SCOC + 0.17624 (4.13)

Results for simulations with particulate-to-dissolved organic matter conversion (Fpom,prod,
Table and pumping (Q) rates, which match the relationship between SCOC and Fy,
given in Eq. were then identified. Since the sediment N, production in the model is
to a large extent dependent on the NO; introduced through bioirrigation (see results), this
allows identification of the corresponding bioirrigation intensity.

4.3 Results

The distribution of solutes and reaction rates in the baseline simulation are shown in Fig.
. O, was restricted to a plume surrounding the feeding pocket (Fig. ), limiting the
volume where aerobic remineralization and nitrification (Fig. [4.1d) can take place. The
zone of N, production through DNF and anammox (Fig. |4.1g), which are inhibited by
O, and limited by NO, availability (Fig. [4.1p), encapsulated this oxygenated zone. At a
burrowing depth of 15 cm nearly all NO, produced in situ or pumped into the sediment was
ultimately reduced to N,, while at a shallower burrowing depth of 5 cm the burrow-associated
NO, plume extended across the sediment-water interface (see contour lines in Fig. [4.1b),
enabling a significant fraction of the injected NO, to escape reduction to N,. Modeled NH;
concentrations were suppressed at the depth of the feeding pocket due to high consumption
by nitrification and anammox (Figs. ). The NOj profile peaked at the feeding pocket
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depth, while the NO; concentrations remained below 4 uM throughout the sediment domain.
The lateral heterogeneity in the sediment allows the highest rates of aerobic and anaerobic
processes to occur at the same depth (e.g. anammox and nitrite oxidation, Fig. |4.1f).

The benthic exchange fluxes measured by Brandes and Devol (1997) were reproduced
in the baseline simulation. The modeled benthic O, uptake of 4.4 mmol m™2 d~! and the
magnitude and isotopic composition of the NH; flux to the overlying water (Fig. |4.2h)
matched their data. Bottom water NO3 with a measured 6'°N of 7.3%0 was pumped into
the sediment and was reduced to NO; . A small fraction of relatively light NO; was able to
escape further reduction and fluxed out to the overlying water (Fig. |4.2a). The resultant net
NO, flux into the sediment of 7.5%o, combining an influx of bottom water nitrate of 7.3%o
with a nitrite eflux of 3.3%o, was slightly heavier than the bottom water NO3 and matched
with the values reported in Brandes and Devol (1997). Denitrification of NO; and anammox
accounted for 63% and 37% of the benthic N, production, respectively. The N, production
also matched that of Brandes and Devol (1997), but had a §'°N of 5.2%0¢ compared to the
reported 1 &+ 4%0. Applying Eq. the €sq value was —2.4%.

Sensitivity analyses were performed by changing the pumping rate (Fig. |4.3n), burrow
density and burrow depth (Fig. [4.3p), the reactivity of DOM (Fig. ), the bottom
water O, and NOj concentrations (Fig. .e), and the POM to DOM conversion rate
(Fig. 4.3f). Each panel shows the N, production rates (top) and the egq values (bottom),
which together determine the effect of benthic N, production on the isotopic composition
of dissolved inorganic N in the overlying water. A lower pumping rate decreased the N,
production rate and led to a higher expression of the N isotope effect of anammox and
nitrification (Fig. ) Conversely, higher pumping rates enhanced the N, production and
led to more fractionation due to DNF (Fig. [4.3a). Changing the domain radius, reflecting a
different organism density, showed a similar pattern. Fractionation due to nitrification and
anammox was more strongly expressed when the bioirrigation intensity was decreased (larger
domain radius, Fig. [4.3b), while the fractionation induced by DNF was stronger when the
bioirrigation intensity was increased (smaller domain radius). A shallower burrow depth of 5
cm reduced the N, production rate and increased the N isotope fractionation of nitrification,
anammox, and DNF (compare left and right group in Fig. [4.3p).

Lowering the reactivity of DOM by two orders of magnitude (to kpoy = 21077 s71, Fig.
Ec) led to a strong degree of N isotope fractionation. Fractionation during NH; oxidation
made €4q less negative and thus had an apparent inverse N isotope effect. However, the effect
on the isotopic composition of NO, in the overlying water was small (Fig. 4.2b), since the N,
production was very low (Fig. , top panel). Lowering the reactivity of DOM by only one
order of magnitude (to kpoy = 2-107° s71, Fig. [4.3¢), led to a slightly lower N, production
rate than in the baseline simulation. Fractionation during DNF had a large impact on €gq
and led to heavier NO, in the overlying water. A higher DOM reactivity (kpom = 2%107°s™!
and kpom = 2 * ¥107*s7 !, Fig. ) had little effect on the N, production rate, but led
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Figure 4.1: Steady-state concentration fields and reaction rates from the baseline simulation.
The contours in panel b show the NOx concentrations of the simulation with a feeding pocket
at 5 cm depth. The concentrations and rates in panels ¢ and f, respectively, are horizontally
averaged over the domain.

58



a) Nitrogen Fluxes [mmol N m~2 d~!] b)  kpom [s7']:

: g —0.6 (7.5%0)
2 2 0.5 (12%0) —0.61 (7.5%0)
—
~0.17 0.471(12.2%0) 0.047(3.3%0) ~0.65 | (7.3%0)
- 019
bon 1077 NH 0.32 NO; NO; 14
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Figure 4.2: Nitrogen cycling in the baseline simulation, (a) N fluxes and their isotopic
composition: measurements of Brandes and Devol (1997) are underlined; ‘resp. worm’ refers
to NHJ produced during respiration by the worm, (b) NO_ concentration and associated
isotope signature in a benthic chamber reflecting the conditions of Brandes and Devol (1997)).
Lines are calculated from fluxes of the baseline (solid) and sensitivity analysis of DOM
reactivity (dashed), while filled circles represent the observations of Brandes and Devol
(1997)).
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Figure 4.3: Sensitivity of the N, production rate (mmol m~2 d~') and benthic N isotope effect
towards (a) the pumping rate, (b) the domain radius with a burrow depth of 15 cm and 5 cm,
(c) the reactivity of dissolved organic matter, (d) the bottom water O, concentration, (e) the
bottom water NO3 concentration, and (f) the in situ dissolved organic matter production
rate. Stacked bars show the contribution of individual processes (see also Eq. . Asterisks
indicate the values used in the baseline simulation.
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to less N isotope fractionation during DNF and slightly more fractionation during NH;
oxidation and anammox. The isotopic composition of the benthic NO, flux was similar to
that of NO; in the overlying water and had therefore a negligible effect on the §*°N of NO,
in the overlying water (Fig. [4.2b). Changing the rate of DOM to POM conversion had
a moderate effect on the benthic N, production rate (Fig. {4.3f) and the contribution of
individual processes on €gq values showed similar trends as changing the DOM reactivity.

The bottom water O, concentration had a moderate effect on the N, production rate,
with maximum areal rates at 250 uM (Fig. [4.3d). At higher O, concentrations, fractionation
during DNF led to substantially more negative €sq values. The highest contribution of NH;
oxidation and anammox to the isotope effect of benthic N, production was at relatively low
O, concentrations of 50 - 100 pM. The bottom water NOj3 concentrations had a substantial
effect on the benthic N, production rates (Fig. [4.3e). The N isotope effect of NH; oxidation
and anammox was stronger at low NOj concentrations, while fractionation during DNF was
stronger at high NO3 concentrations.

174 232 29.0

11.6

5.8

Mineralization rate (mmol C m~> d_l)
0.0

46 220 394 568 743 917
Q/A(Lm?2d™"

Figure 4.4: The combined effect of the mineralization rate and bioirrigation intensity on the
benthic N isotope effect (€geq, solid contour lines). The dashed line corresponds to Eq (4.12)).
The dotted contour delineates the region in which the model computed N, flux is within

+10% of Eq. (#.13).

Changing the mineralization rate and bioirrigation intensity simultaneously gives insight
in the expression of the benthic N isotope effect in different environments. The €,q values
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were most negative when either the irrigation intensity was high and the mineralization rate
low or, conversely, the irrigation intensity low and the mineralization rate high (Fig. .
Between these extremes, there was a relatively large region with €,q4 values between —2.1
and —4%o. The two lines in Fig. that tentatively indicate which mineralization rates may
be most typical for different bioirrigation intensities (see methods section) were similar for
low bioirrigation intensities, but differed more substantially at higher values. Nonetheless,
both €,q values corresponding to these estimates of commonly encountered combinations
of irrigation intensities and mineralization rates were generally less negative than —3.5%.
A similar analysis conducted with a burrow depth of 5 cm (not shown) exhibited a similar
pattern, but exhibited about 2 - 3% more negative €,q values.

4.4 Discussion

4.4.1 Benthic nitrogen processing and isotope fractionation

Macrofauna can pump bottom water to depths in the sediment that without bioirrigation
would be anoxic. The simulated redox zonation with an oxic plume surrounding the feeding
pocket and anoxic conditions in the remainder of the sediment (Fig. [4.1h) are in line with
studies on large burrowing macrofauna (Na et al. 2008; Volkenborn et al. 2010). The mod-
eled solute profiles showed pronounced accumulation of NO3 and depletion of NH] at the
feeding pocket depth (Fig. ), which is qualitatively consistent with profiles measured at
sites with large burrowing macrofauna (Grundmanis and Murray [1977; Hiittel [1990; Volken-
born et al. 2007). At the Puget Sound site studied by Brandes and Devol (1995, 1997,
measured O, and NOj concentrations approached zero in the uppermost centimeter of sed-
iment, similar to the computed horizontally averaged concentration profiles (Fig. ), but
no measurements were reported at greater depth in the sediment, where infauna present (Lie
1968; Brandes and Devol |1997; Nichols 2003) may have affected O, and NO3 concentrations.
Sediment permeability and porosity constrains the environment in which bioirrigation can
be a dominant transport process (Hiittel et al. [2003)). However, since model simulations use
an imposed pumping rate, the computed flow field is only impacted by spatial variations
in permeability. The ten-fold higher permeability in the feeding funnel than in the bulk
sediment leads to a slightly higher expulsion of porewater through this conduit. However,
the overall effect on the benthic N exchange fluxes and expression of the N isotope effect was
small (Ae = —0.1%¢). Similarly, variations in porosity have only a minor impact on fluxes
and fractionation (not shown).

For a given organism density (reflected in the domain size), the pumping rate controlled
the benthic exchange fluxes of NO, and O,, since the injected NO, and O, were in most
settings quantitatively consumed. For instance, in the baseline simulation all O, and nearly
all NO, from the plume were consumed before they could reach the sediment-water interface
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(Fig. 4.1p). Areal pumping rates, which are a combination of the density of burrowing
organisms and the individual pumping rates, were the same in the simulations with a domain
radius 7 = 10 cm and Q = 0.16, 0.62, and 1.86 mL min~' (Fig. |4.3a) and those with Q =
0.62 mL min~! and r = 20, 10, and 5.8 cm (Fig. , burrow depth = 15 cm), respectively.
The corresponding bar plots are nearly identical. This indicates that the areal bioirrigation
intensity controls the magnitude and isotopic composition of the N fluxes.

The model simulations reproduced the benthic exchange fluxes reported by Brandes and
Devol (1997) except that the isotopic composition of the in situ produced N, gas differed
by 4% from the average measured value reported by Brandes and Devol (1997)). Multiple
factors could have played a role in causing this discrepancy. Firstly, determining N, fluxes
is challenging due to the high background concentrations of N, in seawater (Hamersley and
Howes [2004)), and uncertainties in isotopic signatures of fluxes can be substantial (£4%¢ in
Brandes and Devol |1997)). Secondly, sediment N sources and sinks may be out of balance,
while steady-state conditions were assumed in the model, which can lead to differences in
modeled and observed benthic N fluxes and isotope effects. Finally, the model did not ac-
count for dissimilatory nitrate reduction to ammonium, connecting the oxidized and reduced
dissolved inorganic N species, or for NH; assimilation, which could affect the isotopic com-
position of benthic DON exchange fluxes. Underestimating the eflux of heavy DON would
result in an isotopically too heavy N, efflux in the model. Alkhatib et al. (2012) have argued
that DON fluxes can play an important role in communicating benthic N isotope effects
to the overlying water. However, this contribution remains poorly constrained as neither
Alkhatib et al. (2012) nor Brandes and Devol (1997) reported the 6'°N and flux of DON
separately from NH} .

In the sensitivity analysis the expression of the N isotope effect of individual processes
(€;, Fig. is largely controlled by the benthic redox conditions. More oxidizing conditions
correspond to higher injection rates of oxic bottom water into the sediment (Q, Fig. 4.3p),
higher organism densities (i.e. smaller domain radii, Fig. ), DOM with less reducing
power (smaller kpow, Fig. ), more O, and NO3 in the bottom water (Figs. [4.3d,e),
the production of less reducing DOM (Fig. [4.3f), while the opposite trends correspond to
more reducing conditions. Under oxidizing conditions discrimination against heavy NOj
during DNF is more strongly expressed, whereas under reducing conditions discrimination
against heavy NH; during NH; oxidation and anammox is more pronounced. This reflects
that the expression of N isotope fractionation at the cell level is dependent on the fraction
of the benthic reactant pool that is being consumed (Mariotti et al. [1981; Lehmann et
al. [2004). Under oxidizing conditions the sediment resembles a closed system for NH},
consuming a larger fraction of the benthic NH; pool, and preventing the efflux of heavy
NHJ caused by fractionation during NHJ oxidation and anammox to the overlying water.
Meanwhile, the sediment resembles a more open system towards NO; and simulations that
showed stronger expression of the fractionation during NOj3 reduction (6N037DNF) had NO,
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plumes that extended from the feeding pocket to the sediment-water interface (e.g. Figs.
[1.1p[4.3p). The preferential consumption of light NO, in the sediment will then lead to a flux
of NO,, enriched in 5N to the overlying water. Conversely, under more reducing conditions,
the system becomes more open towards NH, as less O, is available to oxidize it, while it
becomes more closed towards NOj, minimizing the expression of the N isotope effect of
DNF.

The expression of a benthic N isotope effect depends on the fractionation occurring at the
cell level, as well as the coupling between different reactions that compete for substrates. The
latter can lead to an apparent inverse N isotope effect on the overall benthic N, production,
despite a fractionation factor a < 1, as seen for NH; oxidation at low mineralization rates
(Figs. ,f ). Since fractionation during this reaction leads to heavier NH and lighter NO;
the inverse apparent N isotope effect (production of isotopically heavy N,) can only occur
when a large amount of NH} is converted to N, and a part of the produced NO, escapes to
the overlying water. This depends on the prevalent redox conditions, and requires anammox
to be the dominant N, production pathway, propagating the heavy residual NH; signature
into N,. When DNF dominates N, production (as is the case at higher mineralization rates
in Figs. ,f), the oy, reflects largely the isotopic signature of the NO, and a “normal”
negative apparent N isotope effect of NH, oxidation is observed.

The impact of the benthic N isotope effect on the isotopic composition of fixed N in
the overlying water is dependent on both €,q and the N, production rate. Thus, there is a
stronger impact at high irrigation rates compared to conditions with low @), as N, production
increases with the higher input of NO; (Fig. ) Similarly, there is a very strong N
isotope effect at the lowest DOM reactivity, but the impact on fixed N in the overlying water
is negligible due to the extremely low N, production rate (Fig. [4.3¢). In Fig. the
N isotope effect of NH] oxidation and anammox is stronger at lower NO3 bottom water
concentrations. This is because at the same pumping rate less NO; is injected, so that the
N, production and its isotopic signature are more dependent on fractionation during NH;
oxidation. At higher NOj concentrations in the bottom water, the supply of NO3 to the
sediment via bioirrigation increases. This stimulates N, production and lowers the relative
contribution of NH; oxidation to the benthic nitrogen isotope effect (Fig. )

4.4.2 The effect of solute transport on benthic nitrogen isotope
fractionation

In bioirrigated sediment, N isotope cycling is dependent on the bioirrigation intensity and
the burrowing depth (Figs. [£.3p,b). For shallow burrows, some of the injected NO, is flushed
out the sediment before it can be reduced, which significantly enhances the expression of
the N isotope effect of DNF. A shallow burrow depth also increases the expression of the
N isotope effect of nitrification and anammox (Fig. ) Rates of these processes are
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highest within and around the oxic plume (Figs. ,e). When the plume extends across
the sediment-water interface a larger fraction of NH, produced in the sediment by organic
matter mineralization escapes to the overlying water (Fig. ) and allows for expression
of the N isotope effect of benthic N, production. NO, injected at greater depth is less
likely to escape to the overlying water, since the oxic plume surrounding the burrow and
the sediment-water interface are than separated by a larger reducing zone, where DNF and
anammox take place. When the injected NO, is quantitatively consumed DNF does not
induce fractionation.

Our model results provide context for the interpretation of field observations. Lehmann
et al. (2004) measured benthic N fluxes with incubation experiments in shelf sediments of
the Santa Monica Bay, where bioirrigation plays an important role. They observed that the
isotopic composition of NOj3 did not change over time, which suggests that, similar to our
baseline scenario, the NO3 was quantitatively consumed. In contrast, Dale et al. (2014) re-
ported a strong benthic N isotope effect in hypoxic Mauritanian margin sediments. Their €gq
value was —13%o and appeared to be mostly communicated to the overlying water through
NO, exchange fluxes. On photographs of the sediments burrow openings and other signs
of macrofaunal activity were visible, yet the porewater profiles did not exhibit subsurface
peaks of NOj3, which makes the importance of bioirrigation unclear. Granger et al. (2008)
estimated an €gq value of —6 to —8%o based on measured light NO3 and heavy reduced N
in bottom water of the Bering Sea shelf, and argued that partial nitrification of the benthic
NH; pool drove the N isotope effect of benthic N, production. The benthic infauna was not
identified in their study, but burrows are prevalent in Bering Sea shelf sediments (Davenport
et al. [2012)) exposed to large fluxes of POM (Baumann et al. |2013). Large NH; effluxes
are common in bioirrigated sediments (Na et al. 2008; Stief 2013, Lehmann et al. 2004) due
to enhanced mineralization rates (Aller and Aller [1998; Kristensen [2001)) and the ejection
of anoxic porewater (Volkenborn et al. [2010)). Under these conditions, the N isotope effect
of anammox and coupled nitrification-N, production can be communicated to the overlying
water through effluxes of isotopically heavy NH} , which is consistent with our analysis (see
for example the effect of higher mineralization rates in Figs. ,f).

The effect of bioirrigation can also be compared and contrasted with other transport
regimes. Advective flow caused by pressure gradients, which may be the result of bottom
currents over rippled sediment surfaces or the motion of waves, can lead to high N,, production
in sediments (Boudreau et al. [2001; Kessler et al. 2012)). Based on combined water-column
experiments and modeling Kessler et al. (2014) estimated that benthic N, production in
these sediments can lead to NO3 fluxing out of the sediment that is enriched by 3 £ 1%o.
Nitrification did not occur in their experiment, but their model indicated that including
nitrification would have a small effect. DNF under advective flow regimes is mainly driven
by NOj3 from the overlying water, while coupling between nitrification and DNF is low
(Kessler et al. [2012)). This is in stark contrast to sediments with deeper bioirrigation, where
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the coupling between nitrification and N, production is strong as all the NO, produced in
the oxic plume surrounding the burrow is ultimately reduced to N,.

When the transport regime is dominated by diffusion, NO, fluxing into the sediment will
be quantitatively consumed. In such a setting, a benthic N isotopic effect can still occur if
the isotopic composition of the NO, fluxing into the sediment differs from that of bottom
water NO,. Models have indicated that the preferential consumption of light NO, in the
sediment leads to a steeper gradient of "*NO, than ?’NO,_, which then results into a net flux
of light NO, into the sediment and consequently the in situ production of light N, (Bender
1990; Brandes and Devol |1997)). However, early studies showed that the isotopic composition
of NO,, in the overlying water did not change during incubation experiments, which could
suggest that N isotope fractionation in the sediment was negligible (Brandes and Devol 2002}
Lehmann et al. 2007). It is also possible that the production of light NO, during nitrification
can mask the preferential use of isotopically light NO, during DNF (Lehmann et al. 2007).
This was observed in the simulation with bioirrigation turned off (Q = 0, Fig. [4.3h) where
€sed Was —12.6%o, while the sediment NO,, efflux was enriched by only 1.7%0. The N isotope
effect is then communicated to the overlying water primarily through the efflux of heavy
NH;. Qualitatively, this is in agreement with a benthic N isotope effect of up to —7.2%
modeled by Lehmann et al. (2007), who accounted for aerobic respiration, denitrification
and nitrification only. It is also consistent with work by Dahnke and Thamdrup (2013), who
showed experimentally that apparent N isotope fractionation during benthic DNF can occur
in a setting where transport is dominated by diffusion.

4.4.3 Benthic nitrogen isotope effects under commonly encoun-
tered environmental conditions

Our simulations indicate that the N isotope effect will be strongest in surficial sediments
that have either strongly reducing or oxidizing conditions (Figs. . Redox conditions
strongly depend on the intensity of bioirrigation and the reaction rates consuming O,, re-
flected in mineralization rate. However, settings with high bioirrigation intensity and low
mineralization rates or vice versa are relatively rare. These two competing factors com-
monly correlate, since OM rich settings with high rates of mineralization can support a large
number of benthic infauna (Kiinitzer et al. |[1992), which enhance the transport of oxidants
into the sediment. Conversely, in areas where POM is scarce the bioirrigation intensity
may be lower. By using the relationships between the bioirrigation intensity and benthic
mineralization rates (see Eqns. the model simulations predict that e,q values in
bioirrigated sediment are commonly close to —3%o (Fig. . However, there are a number
of uncertainties associated with this estimate. Firstly, our simulations of shallower burrows
indicate a larger benthic N isotope effect (Fig. ) However, smaller organisms are likely
to pump less, and enhanced flow may also lead to conditions more comparable to the advec-
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tive setting studied by Kessler et al. (2014)). Secondly, N-cycling processes not considered
in the model may also impact fractionation. Thirdly, comprehensive data sets on benthic N
isotope cycling suitable for model parameterization are scarce, offering limited constraints
on the model parameterization. For example, it is clear that fractionation factors in the
field may differ from laboratory conditions, yet it is not well understood what causes the
discrepancies between different studies (Kritee et al. 2012).

Bioirrigation is important in shallow marine environments where a significant part of the
global N, production takes places and therefore must have a large imprint on the global
average N isotope effect of benthic N, production (egon). Our estimate of —3%o being
common for bioirrigated sediments is akin to previous estimates of €gop. Lehmann et al.
(2007)) estimated —4%o, which is remarkably similar given the fact that they did not account
for advective transport and considered a different set of early diagenetic reactions. Kessler
et al. (2014)) also found an N isotope effect of ~ —3%o for coastal sediment with transport
dominated by wave-induced advection. Global circulation models coupled to N cycle models
have tried to reproduce the measured NO3 concentrations and isotopic composition in the
ocean to spatially resolve pelagic and benthic N, production rates. Using this approach,
Somes et al. (2013) found best fits of the ocean fixed ¢ 5N with €glob Values between —2
and —4%c. Such benthic fractionation has a significant impact on estimates of benthic
vs. pelagic N, production. Assuming steady-state and considering only nitrogen fixation
as source and water-column and benthic N, production as sinks, the fraction fbenthic of
benthic N, production of the total N, production can be estimated as

15
€fix — J N'Nﬁx,avg — €wec

fbenthic ~ (4 14)

€glob — €wec

where €5, is the N isotope effect of N fixation (~ —1%o), §'°N-Ngy avg is the average isotopic
composition of ocean fixed N (~ 5%¢), and €y, is the N isotope effect of water-column N2
production. Kritee et al. (2012)), whose experiments indicated that turbulence and thermo-
dynamically lower N isotope fractionation at the cell level, argued that €. might fall in the
range of —10 to —15%o, which is substantially different from earlier estimates such as the
—20%0 estimated by Brandes and Devol (2002)). Furthermore, less apparent fractionation
can be expected in oxygen minimum zones if NO3 becomes locally heavier than the average
ocean dyo, (Deutsch et al. [2004). Using ey = —12.5%0 and €gio, = —3%o0, leads to 68% of
total marine N, production to taking place in the sediment. For water-column N, production
of ~ 70 Tg N yr_; (Bianchi et al.|[2012), the benthic N, production rate would be 152 Tg N
yr~ . A £1%0 uncertainty in €gop, corresponds to global benthic N, production rates between
114 and 228 Tg N yr~', which highlight the sensitivity of the ocean fixed 6'°N towards N
isotope fractionation in sediments.
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4.5 Conclusion

Redox conditions exert a major control on the N isotope effect of benthic N, production,
since they determine the extent to which different benthic N pools are consumed within the
sediment. Fractionation against heavy NH} during nitrification and anammox is enhanced
under reducing conditions. Conversely, fractionation against heavy NO, during DNF is
enhanced under oxidizing conditions.

Solute transport processes together with the POM rain rate and the composition of
the overlying water control the redox conditions in sediments. Bioirrigation can enhance
mineralization (Aller and Aller 1998; Kristensen [2001)), which promotes reducing conditions,
but this effect is opposed by the injection of oxic water, which leads to more oxidizing
conditions. The benthic N isotope effect is largest under either strongly reducing or strongly
oxidizing conditions, which correspond to combinations of low bioirrigation intensities and
high mineralization rates and vice versa, or when shallow pumping leads to substantial
recirculation of injected dissolved N. However, under conditions most commonly encountered
in bioirrigated sediments, the benthic N isotope effect is estimated to be close to —3%o, which
is similar to previous estimates of the global N isotope effect (Lehmann et al. 2007; Somes
et al. |2013). Such fractionation in sediments leads to substantially heavier NO, in the
ocean, tilting the balance towards benthic N, production, compared to estimates that ignore
fractionation in marine sediments.
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CHAPTER 5

THE EVOLUTION OF EARLY DIAGENETIC
PROCESSES AND SIGNATURES DURING
THE LAST GLACIAL-INTERGLACIAL
CLIMATE TRANSITION AT THE
MOZAMBIQUE MARGINH

'Rooze, J., Zindorf, M., C. Meile, C. Mirz, G. Jouet, R. Newton, C. Brandily, and L. Pastor. Submitted
to Geochimica et Cosmochimica Acta.
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Abstract

The Mozambique continental margin experienced large variations in sedimentation rates,
primarily due to sediment re-routing from the Zambezi river during the last glacial-Holocene
transition. As changes in sediment accumulation and organic matter deposition impose a
strong control on the formation of authigenic minerals in the sediments, the distribution
of these minerals may reflect the regional paleoenvironmental and paleoclimatic evolution.
Combining geochemical analyses of pore-waters and sediments with a reactive transport
modeling approach, we reconstruct the depositional history and its effect on biogeochemical
reaction processes in the sediment column at a site on the Mozambique margin over the
past 27 kyr. Fitting the model parameters (influx of sedimentary organic matter and iron-
(oxyhydr)oxides) to match the observed geochemical patterns, the reconstruction of past
sulfate-methane transition zone depth and associated reaction rates shows that the sulfate-
methane transition zone fluctuated in short time intervals between 15 and 10 kyr BP in
response to sedimentation rate changes and organic matter deposition. Model results re-
veal an ongoing transition from high diagenetic reaction rates representative of near-shore
depositional environments during the late glacial maximum, to a setting typical of offshore
sediments with low reaction rates at the present day. Notably, the remnants of methane
and dissolved iron pools produced in the past still shape the diagenetic processes at and
below the sulfate-methane transition zone today. Since deglacial shelf-flooding and corre-
sponding changes in sediment deposition occurred along continental margins worldwide, our
analysis highlights the important role of non-steady state diagenetic processes in continental
margin sediments and their relevance for paleoceanographic interpretation of sediment cores
experiencing strong variations in sediment input.

5.1 Introduction

The siliciclastic and organic material delivered by rivers to the ocean accumulates at deposi-
tion centers near river mouths. The large influx of organic matter (OM) leads to fast biogeo-
chemical turnover rates in these environments, marked by high sediment O, uptake (Glud
2008; Pastor et al. 2011} [2018). High sedimentation rates can increase burial rates of rela-
tively reactive organic matter into the sediment (Miiller and Suess |1979; Betts and Holland
1991; Canfield |1994)), stimulating anaerobic turnover rates of OM. This includes the dissim-
ilatory reduction of metal oxides (e.g., Aller et al. [1986; Taillefert et al. 2017; Pastor et al.
2018), sulfate reduction (Canfield 1989), and methanogenesis in deeper sediments (Martens
and Klump [1984; Zhuang et al. 2018)). Anaerobic oxidation of upward-diffusing methane
(AOM) coupled to the reduction of downward-diffusing sulfate (SO} ) creates a sulfate-
methane transition zone (SMTZ; Martens and Berner 1977; Reeburgh [1980; Niew6hner et
al. [1998; Boetius et al. 2000) where a number of biogeochemical transformations take place,
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including the release of dissolved bicarbonate and hydrogen sulfide into the adjacent pore wa-
ters. The produced hydrogen sulfide (HS™) can react with iron (oxyhydr)oxides or dissolved
Fe; , leading to the formation of iron sulfide minerals (Berner (1970, 1984)). The resulting
accumulation of such minerals (mainly in the form of pyrite, FeS,) can serve as a proxy
for the depth and migration of the SMTZ in sediment archives (Mérz et al. 2008; Borowski
et al. 2013; Roberts [2015)). The position of the SMTZ in marine sediments tends to shift in
response to changes in OM loading and sedimentation rates (e.g. Hensen et al.|2003; Kasten
et al. [2003)) as a higher methane (CH,) flux can push the SMTZ upwards, while lower OM
loadings and sedimentation rates can cause a deepening of the SMTZ (Contreras et al. 2013)).
Through their connection to the SMTZ iron sulfide minerals and their isotopic signature ob-
served in sediment cores provide an important window into environmental conditions of the
past. A major challenge, however, is to disentangle the impact of early diagenetic alterations
from the climatic factors that are imprinted in the observed geochemical signal reminiscent
of the past.

Non-steady state diagenesis in response to changes in paleoclimate and sedimentation
patterns has been identified at several continental margins off major rivers like the Amazon
or Rio de la Plata (Kasten et al.|1998; Riedinger et al. 2005 and at the Mozambique margin
off the Zambezi (Mérz et al. 2008; Mérz et al. 2018).

In this study, we address the impact of early diagenetic alteration and quantify the effect
of depositional history on the paleoclimatic signatures of a 33 m long sediment core taken
off the shelf-break on the Mozambique continental slope. We fit an early diagenetic model
that is subject to transient depositional forcing to the measured geochemical profiles. The
model reconstructs the early diagenetic history of the last 27 kyr on the continental slope
and evaluates the effect of OM input and sedimentation rates evoked by global paleoclimatic
transitions on the depth of the SMTZ and the emerging signature of authigenic mineral
accumulations.

5.2 Methods

5.2.1 Site description and sediment drilling

Site MOZ4-CS17 was cored on the Mozambique margin off the shelf-break ~ 85 km off the
Zambezi river mouth. The site is situated in the center of sediment deposition delivered by
the Zambezi during Pleistocene sea-level lowstand but is not reached by the bulk of sediments
deposited in modern times of high sea-levels.

The sediment core MOZ4-CS17 was collected with a Calypso piston corer aboard R/V
Pourquoi pas? at 550 m water depth during the PAMELA-MOZ4 cruise (Fig. Jouet
and Deville 2015). The 33 m long core was cut into 1 m sections immediately after recovery
on deck.
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Figure 5.1: Map of the area of investigation. Red dot indicates position of Site CS17; arrows
indicate direction of sediment transport during Pleistocene low sea-level (light blue); and
during modern high sea-level (red) (Schulz et al. [2011); Thickness (increasing from yellow =
0 - 400 m to orange = 400 - 800 m to gray > 800 m shaded areas) of Pleistocene lowstand
sediment deposition center centers inferred from the seismic investigations (Walford et al.,
2005); modern sediment deposition (green mud-belt interpreted by Lubbe et al. (2014));
Paleo-Zambezi incised valley (yellow dotted area; Walford et al. . The 100 m isobath
approximately indicates dry shelf area during Pleistocene sea-level lowstand ~ 20 kyr BP
(brown hues). Bathymetric map created with Ocean Data View (Schlitzer
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5.2.2 Analytical geochemistry
Sampling

Immediately after core cutting, 3 cm? of sediment were collected at the bottom of each
section using a pre-cut syringe. The samples were directly transferred into 20 mL glass vials
with 5 mL 1M NaOH, sealed and stored head-down at 4 °C before measurement for CH,
concentrations. The presence of H,S was measured at the bottom of each section using a
Unisense sulfide electrode mounted with a steel needle with a detection limit of 0.3 pM.
Each core section was then transferred to a cold room (at 8 °C). Pore-waters were extracted
with Rhizon soil moisture sampler devices (10 cm length) inserted directly into small holes
drilled into the core liner (3 per core section) down to the zone where no water could be
extracted anymore (around 17.5 m sediment depth). Sediment samples were taken in ~
1m resolution. Depths of all samples in the core liner were corrected using the CINEMA?2
software (Woerther et al.|[2012)) which allows estimating sediment disturbances by monitoring
the coring kinematics.

Porewater analyses

A porewater split was acidified (to 0.4% HNO,) and stored in acid-washed polypropylene
vials at 4 °C before analysis onshore.

CH, concentrations were measured by headspace gas chromatography with a PR2100
gas chromatograph equipped with a flame ionization detector (GC/FID Perichrom, France)
connected to a headspace injector (dani HSS 86.50; Sarradin and Caprais [1996)). Results
in ppmV headspace gas were converted to mM values using sample volume and measured
porosity. The RSD value for this method is 3% and the limit of quantification is 0.1 pMm.
The stable carbon isotopic ratio of methane (§'*C-CH,) was determined with a G2201-i
CRDS analyzer from Picarro. Isotopic composition is given in permil (%¢) in the standard
delta notation relative to the Vienna Pee-Dee Belemnite (V-PDB) composition. The global
analytical precision was 0.1 %o with 2 replications per sample. To calibrate the (§**CH, mea-
surements, four different isotopic standards were used (Isometric Instruments,Inc., product
numbers L-isol, B-isol, T-isol, and H-isol at respectively —66.5%0, —54.5%0, —38.3%0 and
—23.9%).

SOF~ was measured with an ion-exchange chromatograph Dionex ICS-5000 from Thermo
Scientific®), equipped with an Ionpac AG 22-SC precolumn, an Ionpac AS22-SC column, and
an electrical conductivity detector. The eluent was Na,CO; (5 mM) / NaHCO, (1.75 mM).
IAPSO standard seawater was used for calibration and as a certified reference. Detection
limit was 0.2 mM.

Concentrations of dissolved Fe*" were analyzed by high resolution inductively coupled
plasma mass spectrometry (HR-ICP-MS Element XR, Thermo Scientific). The calibration
was based on the standard addition method of known amounts of each element in the TAPSO
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standard seawater to avoid matrix effect. Indium (2ppm) was added in the dilution solution
of 2% HNOj, to correct for instrument drift.

Solid phase characterization

Sediment samples were freeze-dried and homogenized with an agate mortar and pestle. For
total organic carbon content (TOC), around 250 mg of samples were first acidified with
successive additions of HCI 1N at 40 °C until complete carbonate dissolution and rinsed twice
with milli-Q water to remove residual acid. After freeze-drying, TOC was determined using
a LECO TruMac@®CNS auto-analyzer while 0 13C of the sedimentary OM was determined
using Combustion Module-Cavity Ring Down Spectroscopy (CM-CRDS - Picarro; Balslev-
Clausen et al. 2013). For the latter, calibration was performed using International Atomic
Energy Agency (IAEA) reference materials: calcite (NBS-18), sucrose (CH-6) and lithium
carbonate (LSVEC). An acetalinide standard (Costech) was inserted every ten samples to
correct for the drift, with a measured value of —33.50 + 0.02%0 (6 replicates). Precision was
typically within 0.03 %o for a triplicate.

Pyrite was quantified with a Bragg-Brentano (D8 Advance Bruker) X-ray Diffractometer
equipped with a Cu X-ray tube and a scanning detector with a Cu-kb filter in Ni (Vantec,
BRUKER model). Measurements were made in 0.01°steps at an angle of 5 to 70°. Each
step lasted 1s and was performed at 40kV and 30mA. Pyrite was also extracted following
the protocol by Canfield et al. (1986)) for S isotope measurements. Approximately 0.5 g of
dried sediment was boiled with 12 ml 50 % HCI under a flow of nitrogen gas to dissolve the
experimentally defined acid volatile sulfur (AVS) fraction which consists of Fe-monosulfides
(predominantly mackinawite) and greigite (Fe,S;). After AVS extraction, 6 ml CrCl, were
added to the boiling mixture to dissolve pyrite (FeS,). In both steps, the released H,S was
trapped with AgNO, and the precipitated Ag,S was stoichiometrically converted into moles
S and sulfur-bound Fe. Standard error of this method was within 10% for three samples
analyzed in triplicates and an inhouse standard (WHIT; Alcott et al. |2020), however, the
standard error exceeded 30% for a fourth sample with a very low pyrite content. Sulfur
isotopes (**S and *2S) of pyrite were analyzed in the Ag,S precipitates. Around 200 pg of
Ag,S were analyzed using an Elementar Pyrocube coupled to a GC Isoprime stable isotope
ration mass spectrometer. Results are given in the standard delta notation as 6>*S relative to
the Vienna Canyon Diablo Troilite (V-CDT) international reference material and each sample
was measured in duplicate. Samples were calibrated to the V-CDT scale using a lab seawater
sulfate standard (SWS-3) an interlab chalcopyrite standard (CP1) and the international
standard TAEA-S-3 with assigned values of +20.3, —4.56, and —32.06%o respectively. SWS-
3 was calibrated against the international standards (assigned values in brackets) NBS-127
(4+20.3%0), NBS-123 (+17.01%0), TAEA S-1 (—0.30%0) and TAEA S-3 (—32.06%0). Repeat
analyses of a barium sulfate check standard produce a standard deviation of < 0.3%o.
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Reactive iron, i.e., mainly poorly crystalline and crystalline Fe-(oxyhydr)oxides, was semi-
quantitatively determined by dithionite extraction (Kostka and Luther III 1994; Anschutz et
al. [2000), followed by ICP-AES analysis of the extraction solution using a Horiba Jobin
Yvon@®)Ultima 2 spectrometer. A certified sediment reference material (MESS-4, NRC-
CNRC) was used to check the repeatability of the extractions through time. The global
variability of MESS-4 was around 5% (standard error).

Chronology and sedimentation rates

The chronology of the calypso piston core MOZ4-CS17 is based on 16 *C dates. Sediments
were sampled at regular intervals along a continuous and non-reworked typical hemipelagic
sequence composed of fine clayey-silt typical for deltaic margins. The in-situ depths below
seafloor were used to estimate sedimentation rates.

Sediment was dated using Accelerator mass spectrometer (AMS) standard radiocarbon
methods on marine mollusk shells and the bulk assemblage of planktonic foraminifera. Anal-
yses were performed at the Beta Analytic Laboratory (Florida, USA) and all **C ages were
calibrated using the MARINE13.14C calibration curve (Reimer et al. 2013). A local marine
reservoir correction of mean AR = 158 + 42 years (Reimer and Reimer 2001) inferred from
radiocarbon measurements in prebomb known-age shells and corals from the tropical SW
Indian Ocean (Southon et al. 2002) was applied.

Sediment ages were interpolated in order to build an accurate age model and calculate
linear sedimentation rates (SR in ¢cm yr—') using the age-depth modeling software CLAM
2.2 (Blaauw 2010, 2010; R statistical software environment).

5.2.3 Modeling

The model simulates early diagenetic processes over the past 27.4 kyr. The governing equa-
tion accounting for diffusion, burial, and reaction of solutes is

oc; 0 D; oC; i Dk
10} o % {¢ (ﬁ —|—Db) 9% — d)wCl} —I—;SkR (5.1)

and that of solids is

oC 0 0C; -

k

whereby ¢ is the sediment porosity, ¢, = 1 — ¢ is the solid volume fraction, C; and C; are the
concentrations of dissolved and solid species, respectively, z is the depth in the sediment,
is the tortuosity, D, is the bioturbation coefficient, w is the burial velocity, and si and si are
the stoichiometric coefficients of the reaction rates Ry (Boudreau [1997)). The burial velocity
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changed with time, as determined by sediment dating. The ionic/molecular diffusion coef-
ficients were corrected for in-situ pressure, temperature, and salinity conditions (Boudreau
1997, Soetaert et al. |2016). The bioturbation coefficient is described as an exponentially
decaying function

Dy(z) = Dyea (5.3)

where Dy and ¢ are given in Table |5.1, The porosity is assumed to be constant over time
and described as an exponentially decreasing function with depth

$(2) = doo + (d0 — Poc)e™ (5.4)

where ¢y and ¢, are the porosities at the sediment-water interface and at depth, respectively,
and 7 is a fitted coefficient (Table [5.1)). As we assume steady-state compaction, the porosity
is not a function of time. Following Boudreau (1996)), the tortuosity is defined as:

0* =1 — 2log(¢) (5.5)

The solids in the model include organic matter, Fe-(oxyhydr)oxides and pyrite. OM is
available in three fractions, where OM® is the most labile fraction, OM” is less reactive,
and OM” has the lowest reactivity and is only reacts with O,. Fe-(oxyhydr)oxides are
represented by Fe,O, and are divided into two fractions: Fe,Of can react with organic
matter by organoclastic Fe reduction, while FeQOg does not react with organic matter. Both
fractions react with HS™. Authigenic Fe sulfides are represented by pyrite (FeS,). The
model also includes dissolved O,, SO3~, CH,, HS™ and Fe?*. This set of state variables was
selected to represent the main aspects of C, O, Fe and S cycling at the study location.

The reaction network comprises 12 reaction pathways occurring during sedimentary or-
ganic matter degradation and authigenic mineral formation with a focus on the C, O, Fe
and S cycles. The reaction stoichiometries and rate laws can be found in Tables [5.2] and
and the rate constants are listed in Table 5.1l OM remineralization can be coupled to O,
(R1), Fe,O, (Ry) and SO;~ (R3) reduction, and methanogenesis (R,). CH, can be oxidized
aerobically (Rs) and anaerobically (coupled to SO3™ reduction, Rg). The model accounts
for the reoxidation of reduced metabolites (HS™, R;; Fe*", Rg) and sulfidic reduction of
Fe,O; (Ry). During authigenic pyrite formation (Rjp) H, can be produced (Rickard 2012),
which is assumed to be oxidized immediately by Fe,O, (R%,) or SO~ (RY,) or consumed by
methanogenesis (RS,). Pyrite can react with oxygen (R;;). More reactive Fe,OF can convert
into less reactive Fe,08 (Ry).
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Table 5.1: Model parameters

Description Symbol Value Source

Environmental parameters

Temperature T 277 K a
Sediment density Ds 2.5-10% kg m™3 a
Salinity S 35 a
Water depth 550 m a
Porosity at sediment- b0 0.712 a
water interface
Porosity at depth Doo 0.505 a
Porosity e-folding length vy 0.023 m a
Bioturbation coefficient Dy 1.82-1073 m? y—! b
at the sediment-water
interface
E-folding length of bio- q 2-1072m b
turbation

Rate constants
Rate constant for OM® k& 1-1072y! a
mineralization
Rate constant for OM” komB 6.2-107° y! a
mineralization
Rate constant for OM” kom~y 6.2-107° y! a
mineralization
Half-sat. constant aero- Km,o2 8 uM c
bic respiration
Half-sat. constant Ky, pe(on), 1.68 - 102 mM c
Fe, O3 reduction
Half-sat. constant K so, 1-107! mM ¢
organoclastic SO~
reduction
Half-sat. constant SO3~ Km,50,-A0M 1-107' mM c
in AOM
Rate constant aerobic ks 1-10” m® mol =t y~! c
oxidation of methane
Rate constant AOM ke 1-10% y—! a
Rate constant HS™ oxi- k7 1-107 m3 mol~! y~! d
dation
Rate constant Fe?t oxi- ks 1.4-10% m? mol ™! ¢
dation y!
Rate constant sulfidic ko 1-107" m3 mol~! a
Fe, 05 reduction y!
Rate constant pyrite for- k1o 1-10% m3 mol~! y~! e
mation
Rate constant pyrite ox- k11 1 m? mol~! y~! a
idation

Continued on next page
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Table 5.1 — continued from previous page

Description Symbol Value Source
Rate constant Fe,Oq k1o 6-1071 y! f
crystallization

Parameters for solid-phase boundary conditions
OM*® loading coefficients AoMa 3.125-10% kg m 3 a

Bowa 3.75-1071 kg m~2 a
y—1
oM” loading Aowmgp 5.208 - 102 kg m 3 a
coefficients”
BOM/} 6.25-10~1 kg m™2 a
vl
Fe,OF loading coeffi- CFe,0, 7.14-10% kg m~3 a
cient
OM” loading coefficient Comy 2.31-10% kg m™3 a

arameters and boundary conditions. Sources a = fitted/this study, b = Mid-
delburg et al. (1997), ¢ = Wang and Van Cappellen (1996), d = Meysman et al.
(2015), e = Rooze et al. (2016), f = Berg et al. (2003); “parameters A and
B relating to OM?” are set to lower values during particular time periods (see
Table 3).

The OM loading of a and 3 phases at the sediment-water interface are modeled as fluxes
that are partly a function of the sedimentation rate and partly constant:

Fy = A;(1 = go)w(t) + B;(1 — o) (5.6)

The parameters A and B are generally kept constant (Table except for three periods:
from 20.5 to 18 kyr and from 15.3 to 14.5 kyr A and B of OM” are lowered by 90%, and in
the last 10 kyr B for OM” is set to 0 (Table . The loading of the more refractory organic
matter (OM?) and the Fe,Of phase are functions of the sedimentation rate:

Gj = Cj(1 — ¢o)w(t) (5.7)

where C' is kept constant over the entire simulation period (Table [5.1). All solid Fe is
initially deposited in the Fe,Of5 phase. The influx of pyrite is zero. For dissolved species,
concentrations are fixed at the sediment-water interface, representative of conditions in the
bottom water. The upper boundary concentration of O, is 0.225 mM, the concentration of
SOF™ is 28 mM. All other solutes have an upper boundary concentration of 0. For all solids
and solutes, zero-gradient boundary conditions are imposed at the bottom of the model
domain. All CH, is produced in situ.

Initial conditions were set to 0 for all dissolved species, except for SO;~ (2.8 mM). The
model was run with a 35 kyr spin-up (62.4 - 27.4 kyr BP) assuming a steady sedimentation
rate (82 cm/kyr) and constant OM and Fe-oxide deposition. Since we cannot constrain the
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Table 5.2: Reaction pathways

. . *
Primary redox reactions

Ry (CHQO)a(NH?))b(aq) + (a +2 b) 02 E—

aCO, + (a+Db)Hy,O +bNO3 +bHT
R, (CH,0),(NHj)p(oq) + 20 Fe,05F 8a HY —

aCO, +4aFe’t +5aH,0 + bNH,
R3 (CH,0),(NHy)p,(q) + 3507 —

aCO, + 3aHS™ + $aH,0 + 3aOH™ + bNH,
Ry (CH,0),(NHy)y (0 — 3aCH, + 2aCO, + b NH,4
Other reactions

Rs 20, + CH, — CO, + 2H,0
Rs SO?~ + CH, + CO, — 2HCO; + H,S
Ry HS +20, — SO7~ + H*
Ry 2Fe** 4+ 10, + 2H,0 — Fe,05 " 4H"
Ry THS™ + Fe,03 " BHT — 1803~ + 2Fe*t + 2H,0
Ry Fe*™ + 2HS™ — FeS, + H,
RS, Fe,057 2HS™ +4H" — FeS, + 2Fe*" + 5H,0
R, SO7” +4Fe’t + THS™ + HY — 4FeS, +4H,0
RS, CO,+4Fe*™ + 8HS™ +2H" — 4FeS, + CH, + 2H,0
Ry FeS, + 10, + H,0 — Fe’* + 2807 + 2H*
Ris Fe,0f — Fe,0f

* Subscript ‘a’ and ‘b’ denote the C:N ratio in organic matter, which was
set to 106:16. Superscripts ‘a’ and ‘3’ indicate reactive and less reactive
fractions of organic matter and iron oxides, whereas the ‘¢’ fraction only
reacts with oxygen.

conditions during the spin-up (e.g., sedimentation rates, OM deposition), the first 5 kyr after
the spin-up (27.4 - 22.4 kyr BP) are treated with caution and we only discuss model results
produced for sediments younger than 22.4 kyr BP, which corresponds to the upper 20 m of
the sediment core.

The initial model parameterization was developed based on literature values (see Table
, combined with adjustments for local environmental conditions, the measured porosity
profile, and a preliminary fit of the total organic carbon (TOC) profile. Subsequently, model
parameters were adjusted to reproduce the observed contemporary predominantly ferrugi-
nous state of the pore-waters, to reasonably fit the measured solid phase profiles, and to
match the present depth of the SMTZ. Keeping each parameter constant over the deposition
period was not sufficient to fit the model to the data. Instead, extensive model simulation-
data comparison indicated periods of lower-than-usual organic matter input, which was
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Table 5.3: Rate laws

Primary redox reactions
9 b ) b I O
Ry = kg IOM*#) 19

[Og]+Km,0,
K, a
— LBy o,By m,0, [Fe,0%]

Ry = ko [OM ][02}+Km702 [Fe, 051+ Kom.rey0,
Km,0 Km Fe,0 [SO27]

Ra — LB OMB .0, mFep Oy 1803

3 OM [ ][02}+Km702 [FCQOS]J’_Km,Fe?O?) [Soi ]+Km,SO4
R4 — kgﬁv’Y[OMOqﬁ,’y] Km,O2 Km,FeQOS Km,SO4

[OQ}J’_KHI,OQ [FBQOg]"’Km,FCQOS [Soii}+Kmyso4
Other reactions
R5 = ks[O,][CH,]

_ [s017]
R = ke [soi*}+KZ,so4.AOM (CH,]
R; = k7]O,|[HST]

Ry = kg|O,][Fe®']
Ry = ki [Fe, 057 HS™]
RlO = k?lo[F82+][HS_]

Fe,O¢]
R(l — R [ 2v3 ~
10 10 Kn),Fe(OH)3+[Fe2OS]

Rly = (Rio — Ri) 5%

Km,s0,+[S077]
Rfo = Ry — R‘llo - Rl{o
R11 = kn[Oz][FeSQ]
R12 = ]{Zlg[FQQOg]

implemented as a 10-fold reduction of OM” deposition between 20.5 kyr BP and 18 kyr BP,
15.3 kyr BP and 14.5 kyr BP, and after 10 kyr BP. Phases of OM” deposition according to
Eq. will subsequently be named as (early to late) Phase I, III and V; intersecting phases
of reduced OM deposition will be denoted Phase II, IV and VI (Table .

The model was implemented based on the early diagenetic modeling framework presented
in Rooze et al. (2020)). The size of the grid cells in the model increases exponentially from
1 mm at the top to 10 cm at 4.7 mbsf and remains constant from there on to the bottom of
the domain at 29.8 mbsf. The time steps are variable, but limited to a maximum of 1 year.

5.3 Results

5.3.1 Geochemistry

Sediments at Site MOZ4-CS17 are mainly homogenous, featureless, hemipelagic mud of
dark greenish to brownish gray color. The top 2 mbsf are of coarser grain size than the
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remainder of the core. From the top of the core, SO}~ concentrations drop nearly linearly
from seawater values (28 mM) to below detection limit at 12 mbsf (Fig. [5.2h). Throughout
the core, no hydrogen sulfide was detected. While CH, has been detected in the topmost
sample where it reaches 0.3 mM at 0.9 mbsf, it stays below 1 pM throughout nearly the entire
sulfate-containing zone and only starts to rise again below 10 mbsf. It reaches 1.6 mM at 14
mbsf and stays elevated below that at around 1 mM, close to the methane saturation under
shipboard conditions. An SMTZ is identified between ~10 and ~12 mbsf (Fig. [5.2,b).
Dissolved Fe concentrations are highly variable between 0 and 120 pm (Fig. [5.2c). Dissolved
Fe is prevalent in two separated zones above and below the SMTZ. Within the SMTZ,
dissolved Fe persists at low values < 10 uM. The §**C of CH, exhibits the most negative
values of ~ —100%¢ V-PDB within the SMTZ and increases downcore to ~ —77%0 at the
bottom of the core. The CH, detected in the topmost sample exhibits the least negative
measuredd*C of —75permil (Fig. [5.24).

Pyrite is more abundant in the upper part of the record (Fig. [5.2k). The profile exhibits
three maxima: around 3.5 mbsf (1.3 wt%); within the current SMTZ around 10 mbsf (2.1
wt%); and around 15 mbsf (1.8 wt%). Pyrite 6*4S is most negative at the sediment-water
interface (—40%0) and gets steadily heavier downcore into the SMTZ where values of —25%o
are reached (Fig. [5.2f). The pyrite peak at 15 mbsf exhibits the least negative 0*'S of
—10%0. Such values are again reached at ~ 25 mbsf, without a corresponding pyrite peak.
Reactive Fe ranges between 1 and 1.8 wt% (Fig. |5.2g). The highest values occur near the
top and bottom of the core, and the lowest values between 15 and 20 mbsf. The measured
TOC content exhibits an increase from 0.6 to 1.1 wt% from 1.2 to 3.5 mbsf, shows a slight
decrease between 4 and 6 mbsf, and remains relatively constant at 1.14 £ 0.07 % below that
(Fig. 5-2h).

The deepest cored interval at 33 mbsf has an age of 27.33 kyr. Sedimentation rates over
the entire period of deposition vary by an order of magnitude. They reached values between
200 and 450 cm kyr~! during the Late Glacial Maximum (LGM 26.5 - 20 kyr BP; Clark
et al. [2009), dropped to 100 cm kyr~! between 18 and 16.5 kyr BP, rose to 250 cm kyr—!
again at 16.5 kyr BP, and dropped stepwise until the top of the record. After 7500 kyr BP,
sedimentation rates remained lower than 20 cm kyr—! (Table |5.5; Fig. [5.3)).

5.3.2 Modeling

Model simulations reproduce the main observed biogeochemical features, yielding a contem-
porary SMTZ positioned at ~ 11 mbsf (Fig. [.2h,b) and a pyrite profile exhibiting three
distinct peaks at 3.3, 8.5 and 16.8 mbsf (Fig. [5.2¢). Pore-waters are ferruginous over most
of the sediment column except for the topmost few cm where oxic conditions prevail (Fig.
5.2b). In the topmost sediment layer, most OM is processed by aerobic degradation, which
accounts for 0.04 mol C m~2 yr=! (65 % of the total OM decomposition rate). Organoclastic
sulfate reduction accounts for 0.018 mol C m~—2 yr~! (29%), while organoclastic iron reduc-
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Figure 5.2: Geochemical profiles at Site MOZ4-CS17. Pore-water: a) SO3~ (black dots) in
mM, b) CH, (black dots) in mM, c) Fe** (black dots) in um, d) 6'3C' of CH, in %0 V-PDB.
Solid phase: e) pyrite in wt % black line and dots from chromium reduction, blue line from
XRD, f) §*'S of pyrite in %o V-CDT, g) dithionite extractable Fe (black line and dots) in
wt %, and h) TOC (black line and dots) in wt %. Solid green lines indicate model fits for
SOF~, CH,, Fe*", pyrite, dithionite extractable Fe and TOC.
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Table 5.4: Phases of model development in relation to the OM depo-
sition pattern

Phase Time of phase Characteristics ~ Correspondence
to paleo-event

I before 20 kyr BP  High OM loading LGM

IT 20.5 - 18 kyr BP Low OM loading MWP 19 kyr

II1 18 - 15.3 kyr BP  High OM loading Early deglacial

v 15.3 - 14.5 kyr BP  Low OM loading MWP 1la

\Y 14.5 - 10 kyr BP  High OM loading Bdlling/Allerdd,
Younger Dryas

VI after 10 kyr BP Low OM loading Holocene

Phase boundaries have been aligned with calibrated *C dating points
on core MOZ4-CS17. Correspondence to paleo-events are only used as
a guideline. LGM = last glacial maximum, MWP = melt water pulse.

tion and methanogenesis process 7-107% mol C m™2 yr~! (j1%) and 0.004 mol C m~2 yr~!
(6%), respectively. CH, producing processes (R4 and Rjo.) are currently generating 0.003
mol CH, m~2 yr~! while 0.0077 mol CH, m~2 yr~! are consumed by AOM, resulting in net
CH, consumption of 0.0047 mol CH, m~2 yr~'. This indicates that currently more CH, is
consumed than produced in the model domain. The maximum rate of organoclastic sulfate
reduction is found around 4 mbsf and a second peak is observed above the SMTZ. Methano-
genesis starts in the SMTZ and remains elevated over the entire sediment column below the
SMTZ, while AOM is restricted to the SMTZ (not shown). Pyrite is formed in the zones of
AOM and organoclastic sulfate reduction.

The geochemical profiles exhibit strong transient features. The SMTZ migrated upwards
during Phase I and II (20 to 18 kyr BP) from ~ 11 mbsf to 7.8 mbsf (Fig. [p.4). From the
beginning to the end of Phase III (18 - 15.3 kyr BP) it migrated downwards to a depth of ~
10 mbsf, and stayed there during Phase IV (15.3 - 14.5 kyr BP). Throughout Phase V (14.5
- 10 kyr BP) the SMTZ moved upward again until it reached ~ 8 mbsf. In Phase VI (10 kyr
BP - today) the depth of the SMTZ stayed initially stable at 8 mbsf, but then continually
moved downwards from 6.5 kyr BP to today, where it is now at 11 mbsf.

A first pyrite peak emerged from 19 - 17 kyr BP (transition Phase II to III) at the depth
of the SMTZ (8.2 mbsf) and was then preserved and buried to its current depth at 16.1
mbsf. From 16 - 14 kyr BP (Phase III — V), a small second peak was formed in the upper
~ 5 m in the organoclastic sulfate reduction zone. This peak was buried and began to grow
more rapidly around 12 kyr BP (Phase V) as it approached the SMTZ. From 10 - 5 kyr
BP (Phase VI) the peak moved past the SMTZ, while new pyrite continued to precipitate
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rapidly at the depth of the SMTZ, resulting in the overall skewed shape of the pyrite profile.
The peak broadened over the last 5 kyr when downward migration of the SMTZ exceeded
the burial velocity, leading to the separation between the pyrite peak at 8.5 mbsf and the
SMTZ located at 11.3 mbsf today. Starting around 13.5 kyr BP (Phase V), the third peak
emerged in the upper 3 m, and has continued to grow and migrate downwards to its present
depth at 3.3 mbsf.

Reaction rates throughout the past 27 kyr were higher than today (Fig. . Organoclas-
tic iron reduction, organoclastic sulfate reduction, and pyrite formation all exhibit maximum
rates during Phase I and Phase II1I, coinciding with the highest sedimentation rates. At their
highest, the reaction rates are 2.7-107* mol C m~2 yr~! (organoclastic iron reduction), 0.17
mol C m~2 yr~! (organoclastic sulfate reduction) and 0.04 mol pyrite m~2 yr—! (pyrite pre-
cipitation). Methanogenesis and AOM peak during Phase III with values of 0.027 mol CH4
m~2 yr~! (methanogenesis) and 0.02 mol CH, m~2 yr~! (AOM).

5.4 Discusion

5.4.1 Contemporary geochemical profiles

SO2~ concentrations decrease from 28 mM at the sediment surface to 0 in the SMTZ, with
model results suggesting that organoclastic sulfate reduction mostly takes place in the upper
~ 5 m of the sediment column. Deeper, towards the SMTZ, AOM predominates SOF~
consumption explaining the nearly linear SO3~ profile above the SMTZ (Borowski et al.
1996)). Pyrite above the SMTZ (0.9 — 1.3 wt%) has more negative §*'S values (—45 to
—25%0), indicating that the sulfide was produced during organoclastic sulfate reduction
and formed closer to the sediment-water interface (Hartmann and Nielsen [1968; Jgrgensen
1979). The significant contribution of organoclastic sulfate reduction to the isotopic signal
is supported by the model outcomes (see section .

Organoclastic iron reduction is a minor contributor to organic matter degradation over
the entire simulated period. Yet, the porewaters are mostly in a ferruginous state with
abundant dissolved Fe*™ but no free HS™. In our model, most of the Fe*" is produced by
re-oxidation of HS™ with Fe,O,. To titrate out all HS™, iron (oxyhydr)oxides must be able
to persist beyond the depth of OM oxidation into the zone of AOM, which is consistent
with our measurements (Fig. ) and accomplished in the model by the FeQOg pool that
is unreactive towards OM (Reed et al. 2011; Rooze and Meile [2016)). This emphasizes the
importance of iron cycling in the sediment at depths > 10 m, and contrasts with findings at
the Congo lobes where Taillefert et al. (2017)) documented strong organoclastic iron reduction
in the top meter of sediment.

The high pyrite and low dissolved Fe*™ concentrations at the depth of the current SMTZ
(10 mbsf, Fig. ,b) indicate active pyrite formation, which is supported by the model.
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The amount of pyrite in this interval relative to deeper in the core suggests that this SMTZ
has been within the same sediment horizon for a longer time period, i.e., that the distance
between the SMTZ and the sediment-water interface increases approximately at the speed
of the burial velocity. This is only possible under the low sedimentation rate conditions
dominating the last 10 kyr. The CH, budget shows net consumption, implying that the CH,
currently diffusing upwards into the SMTZ has been produced in the past and the CH, pool
is now progressively being depleted. As such, the SMTZ is expected to continue to migrate
deeper into the sediment as sulfate diffusion into the sediment outpaces methane production.
The 6"3C of CH, indicates that it has been produced by biogenic methanogenesis alone with
no thermogenic contribution (Schoell [1980; Whiticar [1999). This has also been confirmed
by Deville et al. (2020)) and justifies the assumption of no methane influx from below.

5.4.2 Variations in sedimentation rate and organic matter input

Sea-level has risen by 120 m following the LGM (Fairbanks |1989; Camoin et al. 2004} Peltier
and Fairbanks 2006)), leading to flooding of the previously dry Mozambique continental
shelf and a marine transgression shifting the coastline 50 - 100 km inland (Beiersdorf et
al. [1980). Periods of rapid post-glacial and deglacial sea-level rise have been detected as
melt water pulses in paleo-sea-level records (Fairbanks 1989Fairbanks, 1989; Bard et al.
1990; Deschamps et al. [2012). At the Mozambique margin sea-level changes have had major
impacts on the distance from the Zambezi river mouth to the study site and the near-shore
current system (Fig. 1). Changes in climate also affected rainfall, land erosion, vegetation
along the river, and connectivity between different parts of the Zambezi catchment (Schefuf3
et al. 2011; Just et al. 2014). These factors can have had an impact on the delivery of
sediments and OM to our study site.

During the last glacial sediments from the Zambezi were transported directly to deeper
waters of the continental slope and displaced southward by the prevailing ocean currents
(Lubbe et al. 2014). At Site CS17 highest sedimentation rates are observed between 25 and
24 kyr BP, during Phase I, potentially related to the LGM sea-level lowstand prior to the
onset of the large-scale global sea-level rise (Ramsay and Cooper [2002)).

The meltwater pulse (MWP) 19 kyr ago during phase II (Clark et al. 2004) is associated
with 15 m sea-level rise from 120 to 105 m below present level, which was not sufficient to
raise the sea-level over the Mozambique shelf break which today is between 90 and 100 m
water depth (Beiersdorf et al. [1980). Hence, it did not cause a significant shoreline retreat.
Thus, it also had a limited effect on sedimentation rates at Site MOZ4-CS17 (Fig. [.3).
However, fitting the geochemical profiles required a reduced OM deposition relative to the
sedimentation rate during this time-interval (Table [5.4).

MWP 1A ( 14.6 kyr BP, during Phase IV, Table ; Deschamps et al. 2012)) is the major
deglacial MWP associated with a significant shoreline retreat at the Mozambique margin
(Wenau et al. [2020). This event also appears to have had a weak effect on the sedimentation
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Table 5.5: Radiocarbon dating

Depth Species 1C age error (10) Calendar age

(m) (yr BP) range (yr BP, 20)
0.06 bulk planktic 1,110 30 500-617
0.415  bulk planktic 2,910 30 2,345-2,612
0.835  bulk planktic 7,260 30 7,510-7,645
3.035  bulk planktic 10,090 30 10,744-11,044
3.510  bulk planktic 10,630 30 11,369-11,838
3.845  bulk planktic 10,850 30 11,893-12,276
4.265 shell 11,410 40 12,625-12,844
7.945  bulk planktic 13,370 50 15,096-15,477
11.015 bulk planktic 14,220 40 16,264-16,677
12.485 shell 15,320 40 17,802-18,109
16.470 shell 17,560 60 20,291-20,689
19.010 bulk planktic 18,460 50 21,489-21,875
21.125 bulk planktic 19,330 60 22,441-22,834
24.080 bulk planktic 20,670 70 23,948-24,391
27.085 bulk planktic 21,190 70 24,519-25,155
32.835 bulk planktic 23,570 100 27,112-27,540

Radiocarbon ages performed at the Beta Analytic Laboratory
(Florida, USA) and calibrated age ranges at the 95% confidence inter-
val used for the depth-age model. The MARINE13.14C curve (Reimer
et al. 2013)) was used to calibrate the ages after applying a marine
reservoir correction (Reimer and Reimer [2001; Southon et al. [2002)).
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rate, but required a lower OM loading relative to the burial velocity (Table . The
apparent weak imprint of MWP 19 kyr and MWP 1A on sedimentation rates observed at
Site MOZ4-CS17 (Fig. may in part be due to the resolution of our age model (and
potentially also the sea level reconstructions), wherein sedimentation rates are averaged over
thousands of years between individual dating points (Table . Their effect may also be
obscured by high variability in sedimentation rates (Schulz et al.|2011) and deflections of the
river plume. Previous studies showed that wetter periods in South-East Africa, i.e., Heinrich
Stadial 1 (17-15 kyr BP) and the Younger Dryas (13-11.4 kyr BP), affected the predominant
source area and composition of the material transported by the Zambezi (Schefuff et al.
2011 Just et al. 2014). However, these events appear to have neither strongly affected the
sedimentation rates nor the OM loading at MOZ-CS17.

At the beginning of the Holocene, MWP 1B at 11.3 kyr BP (Phase VI, Table ; Bard
et al. [1990)) led to flooding of a large part of the Mozambique shelf (vLubbe et al. [2014]).
From this time onwards, Zambezi sediments are transported by a strong countercurrent
flowing on the shelf along the coast in northeasterly direction (Fig. , not reaching the
main Pleistocene deposition centers beyond the shelf break anymore (Lubbe et al. 2014]).
This deflection of the main sediment source is reflected in the much lower sediment and OM
deposition at Site MOZ4-CS17 during the last 10 kyr.

5.5 Response of early diagenetic processes and imprint
on pyrite

The sedimentation rate affects pyrite accumulation directly by diluting and burying newly
formed pyrite. The variation of the burial velocity over time thus contributes to the vertical
variability seen in the pyrite profile, but is insufficient to cause the formation of distinct
peaks. Instead, the sedimentation rate and the OM loading affect pyrite accumulation
more strongly through their effect on organoclastic sulfate reduction and AOM, as pyrite
precipitation under ferruginous conditions depends on the production of HS™.

The contributions of both organoclastic sulfate reduction and AOM are supported by
the measured isotopic composition of the pyrite peaks. The pyrite peak at 3.3 mbsf formed
- according to the model simulations - in the zone of organoclastic sulfate reduction. It
exhibits a more negative §*'S isotope signature of —40%. (Fig. ), which is consistent
with open system conditions and a constant supply of fresh SO~ (Hartmann and Nielsen
1968; Jorgensen (1979). The model displays growth of the pyrite peak currently located
at 8.5 mbsf on top of an already existing peak formed by organoclastic sulfate reduction
(Fig. . This is supported by the intermediate §**S value of —25%o, which indicates a
mixed signal between organoclastic sulfate reduction and AOM-derived pyrite. The model
simulations suggest that the deeper peak at 16 mbsf was mainly formed from AOM-derived
sulfide. This is consistent with the much heavier §**S of —10%o, suggesting pyrite formation

89



under conditions with increasingly limited SO?~ supply (Borowski et al. [2013)). This §*S
value of —10%o still has a 30%o offset from seawater SO3~. This would be at odds with the
total SO3~ depletion in the SMTZ suggesting that some SO~ produced by organoclastic
sulfate reduction during an earlier depositional period contributes to this peak as well.

About 25 kyr BP, which is 5 - 6 kyr before the peak today located at 16 mbsf began to
form, high sediment and OM deposition (Fig. steepened the sulfate gradient, primarily
through organoclastic sulfate reduction, but not AOM. Depth-integrated pyrite precipitation
rates already peaked before 20 kyr BP (Fig. . When the SMTZ began to move upward
~ 20 kyr BP, AOM rates increased and the formation of the pyrite peak commenced 1 kyr
thereafter. The formation of the pyrite peak 19.4 - 17 kyr BP is driven by high sulfide
production during AOM localized in the SMTZ, not by organoclastic sulfate rates spread
out over a larger depth interval, despite having in general higher depth-integrated rates (Fig.
54)

The onset of the formation of the second pyrite peak in the upper sediments 16 - 14
kyr BP coincides with a doubling of the sulfate influx at the top which is driven by a
steepened sulfate gradient into the sediment. This gradient results from higher organoclastic
sulfate reduction rates closely following the increase in OM loading and sedimentation rates
starting at ~ 16.5 kyr BP (Fig. [5.3[5.4). Most of the growth of this peak occurred much
later, driven by AOM-derived sulfide near the SMTZ. The peak shape is affected by the
upward movement of the SMTZ 14.5 - 10 kyr BP, caused by high methanogenesis rates
under increased sedimentation rates and OM loading 16.5 - 12.7 kyr BP (Phases III — V).
This is followed by a downward movement of the SMTZ from ~ 8 kyr BP and onwards,
driven by lower methanogenesis rates under decreased sedimentation rates and OM loading,
starting from 13 kyr BP (Fig. [5.3][5.4).

The emergence of the pyrite peak 13.5 kyr BP (located at 3.3 mbsf today) is associated
with the upward movement of the SMTZ during that period, as a steeper sulfate concentra-
tion gradient leads to higher diffusive influx of sulfate, which in turn fuels pyrite formation
with sulfide produced during organoclastic sulfate reduction. Further growth of this peak
while the SMTZ moved downward in the last ~ 6.5 kyr has been limited.

5.6 Synthesis

Along ocean margins, sedimentation rates and OM loading have varied substantially since
the LGM with overall decreasing trends as sea-level rise increased the distance of previous
depositional centers from the river mouth. On the Mozambique continental slope, abrupt
decreases were observed ~ 12.7 and 8 kyr BP, which were likely to be caused by subsequent
changes in the current system on the shelf as it became gradually flooded. The re-routing of
sediments in response to deglacial sea-level rise led to a transition from coastal conditions
to a more open marine setting at our study site, characterized by lower depth-integrated
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rates of organic mineralization including organoclastic sulfate reduction, AOM, and pyrite
precipitation (Fig. [5.4). The simulations show that the methane being consumed today was
produced in the past, causing the still ongoing downward migration of the SMTZ over the
last 6500 years.

Our work shows that the sediment geochemical profiles are the result of repeated changes
in depositional forcings driven by a global transition out of a glacial maximum climate state.
The long-term evolution of the diagenetic system at Site MOZ4-CS17 can be described as

follows (Fig. [5.5):

1. Before 20 kyr BP (Phase I): High sedimentation rates are associated to high OM
deposition and high rates of methanogenesis. During the glacial period, high sedimen-
tation rates dilute pyrite concentrations. In our simulations, this period is less well
constrained, as it is influenced by environmental processes that occurred prior to the
onset of our record.

2. 20-10 kyr BP (Phase II, III, IV and V): The post-glacial and deglacial are characterized
by decreasing sedimentation rates and variable but overall low OM loading. Despite
simultaneously decreasing pyrite formation rates, pyrite peaks form in specific intervals,
as the lower sedimentation rate allows for higher pyrite accumulation and variations of
OM loading keep the SMTZ stable in the same sediment interval over longer timescales.

3. 10 kyr BP - Present (Phase VI): Continuing low sedimentation rates, low OM input and
decreasing CH, production at depth during the Holocene lead to gradual deepening
of the SMTZ at approximately the speed of the burial velocity. Pyrite continues to
accumulate in the SMTZ, which is fed by CH, formed during previous phases.

The most intense accumulation of diagenetic minerals at Site MOZ4-CS17 took place at
the transition between the coastal/shelf-like high sedimentation and the deep-sea-like low
sedimentation regimes. During periods of high sedimentation rates, the SMTZ was driven to
shallower depth due to strong upward CH, diffusion, preventing the accumulation of pyrite
in a single sediment interval. This can still be seen in the observed sedimentary pyrite pro-
file below 20 mbsf where the pyrite concentrations are relatively uniform. During these time
periods (e.g., Phase I), total sulfate consumption was j 0.08 mol S m~2 yr~!, typical for
continental shelves or slopes (e.g. Bowles et al. 2014). When sedimentation rates dropped,
the system was initially charged with pre-formed CH, and dissolved Fe®*, which caused
high overall SO3~ consumption rates (end of Phase III). The decreasing sedimentation rates,
however, lowered total sulfate consumption to 0.017 mol m~2 yr~! under modern conditions,
representative for deep-sea environments, eventually causing a downward movement of the
SMTZ in relation to the sediment surface, keeping the zone of pyrite formation within the
same sediment interval. This led to initially stronger pyrite accumulations over the last 10
kyr in the respective sediment intervals. A back-of-the-envelope calculation using typical
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modeled values for pyrite formation and sedimentation rates exemplifies this: A pyrite for-

1 1

mation rate of 0.3 mol FeS, m™2 yr~! at a sedimentation rate of 150 cm kyr~! as observed

during Phase II would cause a pyrite accumulation of 20 mol m~2 sediment. A pyrite for-

1 at a sedimentation rate of 10 cm kyr~! as in Phase VI

mation rate of 0.01 mol m=2 yr~
accumulates 100 mol pyrite m~3. Provided that sedimentation rates and OM deposition re-
main low, methanogenesis will become negligible and the SMTZ will continue to move deeper
into the sediment, AOM rates will decrease and new pyrite formation will stop. Eventually,
the pyrite peaks formed in a paleo-SMTZ will be located above the position of the actual
SMTZ (Fig. 5.3f). The stark difference in sulfate consumption rates stated above illustrate
how fundamentally the depositional environment and the resulting diagenetic processes at
Site MOZ4-CS17 have changed over the last deglacial period. Essentially, a sea-level change
of only ~ 120 m moved the diagenetic system (in terms of SO7~ consumption rates) an entire
category in the framework of Bowles et al. (2014) towards biogeochemically lower activity.

Our analysis and quantitative interpretation of the sediment record on the Mozambique
margin documents that global climate and associated sea level change is recorded in a massive
shift in biogeochemical processes, which in turn affects and in part overprints the primary
climatic signal recorded in the sedimentary record. As the sea-level related changes of sed-
imentation rates occurred along continental margins worldwide, this conceptual model is
applicable to other settings as well. Therefore, our findings can help quantifying marine sed-
imentary C turnover along continental margins over the last glacial-interglacial transition.
They can further provide a guideline for the interpretation of pyrite accumulations in marine
sediments as indicators for changes in the depositional environment.
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Figure 5.5: Schematic illustration for diagenetic evolution at the Mozambique margin (not
to scale). Panels 1 - 3 correspond to the three-step conceptual model discussed in the text.
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CHAPTER 6

SUMMARY

This dissertation highlights the critical role transport processes, and advection in particular,
play in biogeochemical dynamics in sediments. Despite large uncertainties in the parame-
terization of reaction rates, the studies (especially chapters [4f and [5) demonstrate that when
the transport processes are constrained, reasonable estimates can be made with reaction-
transport models of the biogeochemical turnover rates and sediment efuxes.

From prior work at cold seep sites, it is clear that stress at the sediment-water interface
induced by variations in hydrostatic pressure can affect gas and water effluxes from the
sediment. In chapter [2| we introduced a new concept in which these fluxes are directly
modulated by compression and expansion of the gas phase. The reviewed observational
data does not conclusively support that the flow dynamics are driven by this mechanism,
as the tides can affect flow through other mechanisms as well: (1) Capillary activation of
flow has been used to tentatively explain flow patterns both in-phase and out-phase with
the tidal cycle (Wiggins et al. [2015; Leifer 2019). (2) Intermittent flow patterns have been
related to sediment dilation and consolidation (e.g. Scandella et al. 2011; Sirhan et al.
2019). This concept has been supported by experimental and model studies, but may not
explain situations with continuous seepage and out-phase water- and gas flow. (3) Gas
hydrate dynamics may play an important role (e.g. MacDonald et al. [1994)), but are poorly
constrained and its relation to tidal cycles unclear. (4) Complex subsurface fault or fracture
connectivity may further complicate flow patterns (Leifer [2019)).

The model can be improved by incorporating non-ideal gas behavior and including dis-
persion of tidal pressure signals in the sediment. The relation of spatial correlations between
flow from discrete seep locations fed by a single source can be explored by modeling more
complicated flow conduit networks. Modeling site-specific subsurface structures obtained
from seismic studies may allow measured gas and water flux time-series to be fitted.

Conservative tracers can be used to constrain average flow velocities in surficial seep
sediments on the time-scales of months. This deviates from flow measured with flux meters,
which can capture tidal signals and other temporal variations in flow at the sediment-water
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interface. Even though tidal variations may lead to peak velocities ten times higher than

27d chapter showed that the vertical movement of water during

the average flow velocity, the
a tidal cycle (s = wut) is very small, so may not directly affect the biogeochemistry in the
sediment. The use of radium as a tracer has the advantage that it can also be used at non-
brine seeps. It therefore complements the quantification of seepage velocities from chloride
profiles, which requires a salinity gradient in the porewater due to either the presence of a
brine fluid, or freshening of porewaters due to dehydration reactions at depth. Chapter
further showed that large uncertainties are associated with flow estimates based on chemical
tracers due to uncertainties in the sediment tortuosity and randomness in the permeability
field. The significant upward flow constrained from a radium profile sampled at GC699 was
surprising, as it was designated as a control site, where visual indicators of upward flow
were absent (Peterson [2019)). For future research, it will be useful to test more control sites
and to ground truth estimates based on conservative tracers with direct measurements of
flow at the same location and over a time span similar to tracer residence time in the upper
sediment.

Bioirrigation forms an important driver of flow in coastal sediments. In chapter [4 we
demonstrated its effect on the N isotope effect of benthic fixed nitrogen removal, fitting the
model to data of Brandes and Devol (1997)). In line with other studies the chapter high-
lighted the importance of coupling between nitrogen consuming chemical reaction pathways
for the overall benthic N isotope effect. This makes constraining the nitrogen isotope effect
experimentally more challenging as it requires measuring the isotopic composition of various
nitrogen species (Lehmann et al. 2007; Alkhatib et al. 2012; Dale et al.|[2014)). The behavior
of burrowing organisms leads to spatiotemporal variability, potentially demanding the need
to sample at multiple locations and times. The nitrogen isotope effects of various biogeo-
chemical pathways in the model are mostly based on pure culture studies or N isotope effects
measured in oxygen minimum zones in the open ocean. Kritee et al. (2012) showed that the
N isotope effect of denitrifiers may depend on environmental factors. As the model results
depend on reaction pathway-specific N isotope effects, in-situ measurements of intrinsic N
isotope effects in sediments can potentially improve model predictions.

The chapter about the Zambezi delta showed how sedimentation affects early diagenetic
processes and ultimately pyrite formation over millenial time-scales. With the aid of the
model the importance of legacy effects was identified, as there is a lag in the effect of changes
in sedimentation rates and organic matter loading on pyrite formation on the order of 5,000
years. Also, methane that accumulated millenia ago still fuels methanogenesis today. The
data used in the study comes from one location in the delta. The changing distance from
the river mouth, local random variations in sedimentation, and the effect of currents on local
deposition are likely to impact the results. To study the history of diagenesis in the Zambezi
delta in general, it will be useful to analyze data from other sampling locations as well. As
the changes in the organic matter loading were mainly imposed to fit the pyrite profile, it
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will be of particular interest to test if the same transient scenario pertains to other locations
in the delta. This will help to identify the role of climate change and distinguish it from
randomness in deposition trends. Also it will be interesting to compare the evolution of early
diagenetic patterns at the Zambezi delta during deglaciation with those at other river deltas
and possibly the Baltic Sea.
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APPENDIX A

TIDALLY OSCILLATING FL.ow MoDEIL!

import numpy as np

from scipy.integrate import odeint
import matplotlib.pyplot as plt
import pdb

import pickle

#general equations
def gas_density(p):
return gas_dens_ref + compressibility % p

#Van Genuchten relative permeabilities
def relativeperm_gas(water_sat, n = 3.0, gamma = 1.0/3.0, res_watersat = 0.0,
res_gassat = 0.0):

eff_water_sat = (water_sat — res_watersat) / (1 — res_watersat —
res_gassat )
eff _gas_sat = 1 — eff_water_sat

return (eff_gas_sats*xgamma) % (1 — (1 — eff_gas_sat)*x(n/(n—1)))*x(2%(n—1)

/1)

def relativeperm_water (water_sat, n = 3.0, eps = 0.5, res_watersat = 0.0,
res_gassat = 0.0):
eff water_sat = (water_sat — res_watersat) / (1 — res_watersat —

res_gassat )

return (eff_water_satxxeps) % (1 — (1 — eff_water_sat*x(n/(n—1)))*x((n—-1)/
n))xx2

#Van Genuchten capillary pressure

def capillary_pres(water_sat, n = 3.0, alpha = 0.33):
m=1-1/n
a 1/alpha
b =—-1/m

'Supplement in relation to chapter
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¢ =1/n
return a % (water_sats*b — 1)%xc

#derivative of capillary pressure w.r.t. water saturation
def dcapillary_pres_dsaturation(water_sat, n = 3.0, alpha = 0.33):

m=1-1/n

a = 1/alpha

b = —1/m
¢c=1/n

Sw = water_sat

return axc*(Swxxb — 1)%%(c—1) * bxSwxx(b—1)

def tidal_pressure(t):
return water_dens x g % amplitude * np.sin(2 * np.pi * t / time_period)

#Finite volume approximation of Darcy flow for gas and water
def FV_Darcyflow(water_pres, water_sat, t):

pw = water_pres #pressure water—phase

Sw = water_sat #water saturation

pg = pw + capillary_pres(Sw) #pressure gas—phase

#finite differences for spatial derivatives

dpw_dz = np.convolve(pw, [1, —1], ’same’) / dz

dpg-dz = np.convolve(pg, [1, —1], 'same’) / dz

#upper b.c. p(0,t) = f(t)

dpw_dz [0] = 2 % (pw[0] — tidal_pressure(t)) / dz

#ignore capillary pressure of gas—water interface in ocean
dpg-dz[0] = 2 % (pg[0] — tidal_pressure(t)) / dz

#gas density mid cells (where pressure is computed)
gas_dens = gas_density (pg) #kg/m3

#gas density at cell boundaries

gas_dens_up = gas_density(tidal_pressure(t))
gas_dens_mid = 0.5 * (gas_dens[0:(N—1)] + gas_dens[1:N])
gas_dens_bnd = np.append(gas_dens_up, gas_dens_mid)

#excess pressure of water and gas
excess_dP_dz_water = dpw_dz — water_dens % g
excess_dP_dz_gas = dpg.dz — gas_dens_bnd * g

#water mobility and Darcy velocity at boundaries

wmob_up = relativeperm_water (Sw[0]) / water_visc

wmob_mid = relativeperm_water (0.5 % (Sw[0:(N—=1)] + Sw[1:N])) / water_visc
wmob_bnd = np.append (wmob_up, wmob_mid)

#wmob_bnd = relativeperm_water (Sw) / water_visc #upwind
q-water_bnd = — wmob_bnd * abs_perm x excess_.dP_dz_water
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#gas mobility and Darcy velocity at boundaries
gmob_up = ((relativeperm_gas (1) * (excess_.dP_dz_gas|[0] <= 0)) +
(relativeperm_gas (Sw[0]) % (excess_.dP_dz_gas[0] > 0))

\
)/
gas_visc

gmob_mid = relativeperm_gas (0.5 % (Sw[0:(N—1)] + Sw[1:N])) / gas_visc
gmob_bnd = np.append (gmob_up, gmob_mid)

q-gas_-bnd = — gmob_bnd % abs_perm * excess_.dP_dz_gas

#lower boundary condition for gas

#calculate water pressure gradient at bottom

wmob_down = relativeperm_water (Sw_bot) / water_visc

dpw_dz_bot = g_-water_inflowbot / (wmob_down % abs_perm) + water_dens x g
#approximate gas density at lower boundary

dcappres_dz_bot = 2 % (capillary_pres(Sw_bot) — capillary_pres(Sw[—1])) /
dz

dpg_-dz_bot = dpw_dz_bot + dcappres_dz_bot

pg-bot = pg[—1] + dpg-dz_bot * 0.5 x dz

gas_dens_bot = gas_density (pg_bot)

#calculate bottom gas flux

gmob_down = relativeperm_gas(Sw_bot) / gas_visc

q-gas_.down = —gmob_down x abs_perm % (dpg_-dz_bot — gas_dens_bot x g)

return (np.append (q.-water_bnd , —q_water_inflowbot), np.append(q_gas_bnd ,

q.gas_down), \
gas_dens, np.append(gas_dens_bnd, gas_dens_bot))

#model formulation

def model(statevars, t, debug = False):
#read in state variables
pw = statevars [0:N] #pressure
Sw = statevars [N:(2«N)] #water_saturation

#calculate density % Darcy velocity for both phases
dummy = FV _Darcyflow (pw, Sw, t)

q-water = dummy[0]

q-gas = dummy|1]

gas_dens = dummy[2]

gas_dens_bnd = dummy|3]

#calculate temporal derivative for phase saturations
dSw.dt = — (1/por) * (q-water [1:(N+1)] — q-water [0:N]) / dz
dSg_dt = — dSw_dt

#multiply gas Darcy velocity by gas density
gas_mass_flux = q_gas * gas_dens_bnd
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#calculate gas mass flux divergence
gas_div = (gas_mass_flux [1:(N+1)] — gas_mass_flux[0:N]) / dz

#calculate change in gas pressure
dpg_dt = — (gas_div 4+ porxgas_densxdSg_dt) / (por * (1 — Sw) =x
compressibility)

#calculate change in capillary pressure
dpcap_dt = dcapillary_pres_dsaturation (Sw) = dSw_dt

#calculate change in water pressure
dpw_dt = dpg_-dt — dpcap_dt

#for troubleshooting
if (debug = True):
pdb.set_trace ()

return np.concatenate ([dpw_dt, dSw_dt])

#caller for lsoda integrator
def solution(statevars_init , t):
sol = odeint (model, statevars_init, t, mxstep = 10000,
full_output = 1, atol = le—6, rtol = le—6, hmax = 60.0)
return sol

#stencil

L = 10.0 #length domain [m)]

N = 50 #number of nodes

dz = L / N #[m]

z = (np.linspace (0, N=1, N) + 0.5) = dz #[m]

#model parameters

abs_perm = le—13 #[m2]

g = 9.8 #[m/s2]

water_dens = le3 #|kg/m3]

gas_dens_ref = 1 #[kg/m3]

water_visc = le—3 #[Pa s]

gas_visc = le—b #[Pa s]
molecular_weight CH4 = 16 * le—3 #[kg/mol]
tempK = 283 #[K]

gas_const = 8.3145 #[J/mol/K]
compressibility = molecular_weight_ CH4 / (gas_const * tempK) #[s2/m2]
por = 0.8

amplitude = 0x1 #[m]

time_period = 12 % 60%%2 #[s ]

#lower boundary condition

100




g-water_inflowbot = 0.1 / (60%%2%24%365) #[m/y|—>m/s| positive value for
inflow
Sw_bot = 0.5

#initial conditons
Sw_const = Sw_bot
Sw_init = np.repeat(Sw_const, N)

wmob_down = relativeperm_water (Sw_bot) / water_visc
dpw_dz_bot = q_-water_inflowbot / (wmob_down % abs_perm) + water_dens * g
pw_init = dpw_dz_bot x z

statevars_init = np.concatenate ([pw_init, Sw_init])

#time settings

t_days =1

t_end_hours = t_days x 24

t_end = t_end_hours x 60x%2 #[s]

t = np.linspace (0, t_end, 2xt_end_hours+1)

#run simulation

print (”Start simulation.”)

sol = solution(statevars_init , t)
print (” Simulation finished.”)

Listing A.1: Model code
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APPENDIX B

POREWATER FLOW PATTERNS:
ADDITIONAL ANALYSISY

B.1 Assessment of flow with random permeability fields

To verify the robustness of the observed flow patterns and to compare 2D with 3D simula-

2
alog K

tions, 100 random permeability fields were generated for 5 different variances ( ), ranging
between 0.2 and 1.0, and for each realization the steady-state flow field was directly resolved
(Fig. B.1). In line with Griffiths and Fenton (1997), the simulated upward flow velocities in
the grid cells follow a log-normal distribution (Fig ,b), and the variance of the upward
velocities was on average in the 3D simulations slightly greater than in the 2D simulations
(Fig. B.1k).

After computing the flow field for each random permeability field, the steady-state tracer
distribution was simulated. Vertical tracer profiles were then extracted for each volume
element at the sediment water interface and used to determine the vertical flow velocity (eq.
. We then compute the variances for tracer-based vertical velocities for each realization
J (sgj), as well as the variances for the column-averages of the fluid flow velocities (s?])
Finally, we average these variances across the 100 realizations, and report the ratio (Table
. The results show that the variance of the tracer-based velocities is smaller than the
variance of the actual flow field. This is attributed to the effect of lateral diffusion on the
distribution of the tracer, reducing the lateral variability in the tracer and leading to more

uniform estimates of vertical flow velocities.

'Supplementary information in relation to chapter
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Table B.1: Comparison of the variance in the fitted flow estimates based on tracer profiles
(57) to computed flow (5%).

O 2D: 5. /57 3D:5;/5%
0.2 0.84 0.74
0.4 0.74 0.65
0.6 0.68 0.62
0.8 0.64 0.49
1.0 0.59 0.51

B.2 Sensitivity analysis with regard to temporal evo-
lution of the flow

The sensitivity analysis allows an assessment of the effect of various parameters on solid
formation and the evolution of flow on longer timescales. The analysis was carried out in
1D. This was motivated by the shorter simulation times and the results from simulations
with a flow conduit, which illustrate that the flow in the high permeability conduit evolves
largely independently from that in the bulk sediment (compare dashed and dotted lines in
Fig. [3.6p).

The results of the sensitivity analysis indicate that the deceleration of flow over time is
sensitive to the burial velocity, the rate of anaerobic methane oxidation, and the exponent
in the permeability function (eq. [3.14), but rather insensitive towards the rate constant of

carbonate precipitation (Fig. |B.2)).
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Figure B.1: Simulated steady-state flow and tracer distributions. Panels (a) and (b) show
the distribution after taking the log of normalized upward velocities (¢ = ¢/q) for a 2D and a
3D simulation, respectively, with olzogn; panel (c) shows the standard deviation corresponding
to the log-normal distribution of the upward Darcy velocities, averaged over 100 generated
random permeability fields.
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Figure B.2: Sensitivity analysis with respect to (a) the burial velocity (w, Table ; (b)
the rate constant of anaerobic methane oxidation (k3); (c) the rate constant of carbonate
precipitation (kss); (d) the exponent in the permeability equation (n; eq. [3.14]).
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